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Hazards Associated with Deep Moist

Convection

Simply taking the product of the CAPE and vertical wind
shear magnitude yields a reasonably good first guess of the
possibility of severe weather on any given day (Figure 10.1),
assuming convection is able to develop. Severe weather is
hereby defined using the terminology of the United States
National Weather Service, that is, wind gusts exceeding
25 m s−1 (50 kt), hail diameter exceeding 19 mm (0.75
inches), or a tornado. Severe weather becomes more
likely as the product of CAPE and shear increases. One
might wonder why the product of CAPE and shear is
more relevant than just the shear. After all, the vertical
wind shear was the principal factor in controlling the
organization of convective storms (e.g., single-cell ver-
sus multicell versus supercell storms). Although storm
type influences the likelihood of severe weather occur-
rence, the maximum updraft speed is also an important
factor in whether or not a convective storm will pro-
duce severe weather. Thus, although severe weather tends
to be more widespread when large shear accompanies
significant CAPE, less organized, single-cell storms with
briefly intense updrafts also can produce severe weather
(of the pulse variety) in high-CAPE, weak-shear environ-
ments.

In this chapter we explore the formation mechanisms
and prediction of the hazards associated with DMC. Flash
floods are included as well, even though they present
additional challenges that go beyond simply using CAPE
and shear to predict severe weather potential. In most
parts of the world, the United States included, flash floods

present a greater threat to human life than lightning, dam-
aging straight-line winds, hail, and tornadoes.1 Finally, our
discussion of convection-related hazards excludes light-
ning. Although we do not wish to downplay the dangers of
lightning, the charging of cumulonimbus clouds is outside
the scope of this book, as we consider it more of a precip-
itation microphysics topic than a mesoscale meteorology
topic.2

10.1 Tornadoes
10.1.1 General characteristics

Tornadoes are violently rotating columns of air, usually
associated with a swirling cloud of debris or dust near the
ground and a funnel-shaped cloud extending downward
from the base of the parent cumulonimbus updraft. Most
tornadoes have winds of less than 50 m s−1, although the
strongest 1%, which is the fraction of tornadoes that is
rated EF4 or EF5 (3-s wind gusts exceeding 75 m s−1),

1 According to the National Weather Service, the 30-year average
(1977–2006) annual death toll from floods in the United States is
99 (most of these result from flash floods). This compares with a
30-year average of 61 deaths for lightning, 54 for tornadoes, and 21 for
nontornadic straight-line winds and hail combined.
2 Readers interested in cloud electrification are referred to the textbook
written by MacGorman and Rust (1998).
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Figure 10.1 Relationship between severity of observed thunderstorms and the CAPE and vertical wind shear of the
environments, as determined by proximity soundings. Red dots indicate tornado reports. Green dots indicate nontornadic
damaging wind and/or large hail reports. Black dots indicate nonsevere thunderstorm reports. Courtesy of Harold Brooks,
adapted from a figure originally appearing in Brooks et al. (2003).

account for a disproportionate fraction (∼70%) of the
fatalities.3 Vertical vorticity has magnitudes on the order

3 T. Fujita developed a wind speed scale (circa 1970) to assess tornado
damage and estimate the maximum tornado intensity. Called the F-scale,
it was designed to link the Beaufort wind scale with the Mach scale. A
Beaufort force of 12 (minimal hurricane force winds) was equal to F1,
and F12 was equal to Mach 1 (the speed of sound). The minimum wind

speed (vmin in mph) of any F-scale range (F) was vmin = 14.1(F + 2)
3
2 .

In 2007, the enhanced Fujita scale (EF-scale) was adopted in the United
States. It was designed to improve the accuracy of wind speed estimates
derived from observed damage, in part, by attempting to account
for the quality of construction. Tornadoes rated EF0–EF1, EF2–EF3,
and EF4–EF5 are referred to as weak, strong, and violent tornadoes,
respectively. Examples of damage from an EF0 (65–85 mph 3-s gusts)
tornado include damage to chimneys, broken tree branches, and damage
to sign boards. Examples of EF1 (86–110 mph 3-s gusts) tornado
damage include destroyed garages or barns and peeled-off roofs. An
EF2 (111–135 mph 3-s gusts) tornado, however, might tear roofs
off frame houses, obliterate mobile homes, and snap or uproot large
trees. EF3 (136–165 mph 3-s gusts) tornadoes destroy interior walls of
well-constructed homes. EF4 (166–200 mph 3-s gusts) tornadoes are

of 1 s−1, given typical tornado diameters on the order of
100 m. Vertical velocities also may be intense, especially just
above the shallow inflow layer of the tornado (probably
5–50 m deep), with updrafts greater than 75 m s−1 possible.
Radial inflow velocities typically range from 20–60 m s−1.
Most tornadoes persist less than 10 min, although some are
known to have persisted for as long as an hour or more.
Tornado diameter and longevity generally increase with
intensity, although enough exceptions are observed that it

capable of completely leveling a well-built home. An EF5 (>200 mph
3-s gusts) tornado strips clean the foundation of a well-built structure
and is capable of throwing automobiles over 100 m. Any estimation
of tornado strength based on damage is error-prone for a number of
reasons, including variations in the duration of extreme winds and
debris loading within a tornado, not to mention the fact that many
tornadoes do not strike man-made structures. Furthermore, EF-scale
(and F-scale) ratings are based on the maximum damage observed. Even
the most intense tornado that one might expect to be able to observe, an
EF5, typically only contains EF5 winds within a region occupying less
than 10% of the total path area.



TORNADOES 275

is unwise to infer tornado intensity from size and longevity
alone. Although tornadoes can be associated with any form
of DMC, most significant tornadoes (EF2 and stronger)
and practically all violent tornadoes (EF4 and EF5) are
associated with supercell storms (supercells can and often
do produce weak tornadoes as well).

Tornadoes are known to occur on every continent except
Antarctica. The United States Great Plains region is the
most favorable region for tornadoes, at least tornadoes
spawned by supercells, which are the tornadoes having the
greatest potential for casualties (Figure 10.2). This region
is favorable owing to its proximity to the warm waters of
the Gulf of Mexico to the south and the Rocky Moun-
tains and high-altitude deserts to the west. The warm water
to the south is a source of high-θe low-level air, and the
heating of elevated terrain to the west produces large lapse
rates that are subsequently advected eastward, overrunning
the aforementioned high-θe air that is advected northward

from the Gulf of Mexico. The superpositioning of large
midtropospheric lapse rates and high boundary layer θe

gives rise to substantial CAPE. The vertical wind shear in
the Great Plains region in spring is also regularly large and
thus favorable for supercells and tornadoes, in part because
there are no terrain barriers between the Gulf of Mexico
and North Pole. The absence of terrain barriers means that
fronts and their attendant baroclinity, which is associated
with vertical wind shear via the thermal wind relation,
make regular intrusions. The climatologically favorable
wind shear in the Great Plains region is also probably
related to the presence of elevated terrain to the west. Lee
troughs and drylines routinely form in the western Great
Plains region as a result of westerly midtropospheric winds
blowing over the terrain (recall Section 5.2). These pres-
sure troughs, as well as the more significant extratropical
cyclones that they may spawn, are often accompanied
by strong horizontal wind accelerations and therefore
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Figure 10.2 Average number of days per year having environments favorable for tornadic supercells were convection
to form. Such conditions include the presence of strong shear over a deep tropospheric layer and CAPE (these are the
conditions required for supercells), as well as strong low-level shear and high boundary layer relative humidity (these
parameters, as will be discussed later in this section, are associated with an enhanced probability of tornadogenesis within
supercells). The above synthetic climatology of tornadic supercell days, which is based on analyses obtained from the global
reanalysis program, is shown instead of actual tornadic supercell or tornado reports because of the lack of reliable reports
over the vast majority of the earth. (From Brooks et al. [2003].)
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large ageostrophic winds and wind shear (wind shear that
significantly exceeds the magnitude of the geostrophic wind
shear attributable to the large-scale meridional tempera-
ture gradient; ageostrophic shear also contributes curvature
to the hodograph).4 Other relative maxima in supercell
and tornado frequency, albeit less anomalous than in the
central United States, are found elsewhere in the world
downstream of major mountain barriers and poleward of
relatively warm bodies of water. Examples include south-
eastern China (north of the South China Sea and east of the
Tibetan Plateau), Bangladesh (north of the Bay of Bengal
and southeast of the Himalayas), southern Brazil (east of
the Andes and northwest of the southern Atlantic Ocean),
and parts of northern Italy, Slovenia, and Croatia (north
of the Adriatic Sea and southeast of the Alps). There are
also tornado hot spots around the world where supercells
are not typically observed; for example, waterspouts are
common in the Florida Keys and downwind of several
Mediterranean islands.

Although the stretching of the earth’s vorticity is small
relative to the magnitude of the tilting and stretching
of relative vorticity in tornado environments, the vast
majority of tornadoes are cyclonic. The Coriolis force
has an indirect role in this bias by way of supercell
updraft dynamics. Cyclonic tornadoes are favored because
right-moving (left-moving), cyclonically rotating super-
cell updrafts tend to be favored over left-moving (right-
moving), anticyclonically rotating supercell updrafts in
typical northern (southern) hemisphere supercell envi-
ronments, owing to clockwise-turning (counterclockwise-
turning) hodographs. Hodographs tend to turn clockwise
(counterclockwise) with height in the northern (southern)
hemisphere at low levels at least partly because of the influ-
ence of surface drag and the Coriolis force (the Ekman
spiral, introduced in Section 4.1.4, is a curved hodograph
that can be derived analytically when surface drag and
rotation effects are considered).

10.1.2 Tornadogenesis

By definition, tornadogenesis requires that large verti-
cal vorticity arises at the ground. If preexisting vertical

4 Banacos and Bluestein (2004) found that the geostrophic wind shear
of hodographs, at least for idealized baroclinic waves, is generally
straight; therefore, ageostrophic winds appear to be important in the
development of hodographs with significant clockwise curvature, as are
typically observed in supercell environments (e.g., Figure 8.15). Clearly
much of the ageostrophy and hodograph curvature can be attributable
to boundary layer drag, but other ageostrophic effects not related to
friction, e.g., isallobaric contributions associated with migrating or
deepening cyclones, likely also contribute to hodograph curvature in
important ways.

vorticity is negligible near the ground, then vorticity
stretching near the ground is initially negligible and ver-
tical vorticity must first arise either from the tilting of
horizontal vorticity or from advection toward the surface
from aloft. Tilting by the horizontal vertical velocity gra-
dients associated with an updraft alone is not effective at
producing vertical vorticity near the surface because air is
rising away from the surface as horizontal vorticity is tilted
into the vertical. However, if a downdraft is involved in
the tilting process, then vertical vorticity can be advected
toward the surface as it is produced via tilting, where it
can subsequently be stretched to form a tornado. For these
reasons, it has been argued that a downdraft is needed for
tornadogenesis when preexisting rotation is absent near the
ground (Figure 10.3a). This argument depends on eddies
being too weak to transport vertical vorticity downward
against the flow. Furthermore, once a tornado is estab-
lished, tilting of surface-layer horizontal vorticity by the
extreme vertical velocity gradient associated with the tor-
nado updraft itself probably contributes to the near-ground
vertical vorticity in a significant way. However, such abrupt
upward turning of streamlines, strong pressure gradients,
and large vertical velocities are not present next to the
ground prior to tornadogenesis; therefore, tilting by an
updraft alone cannot be invoked to explain the ampli-
fication of near-ground vertical vorticity that results in
tornadogenesis.

The aforementioned theoretical arguments for the im-
portance of downdrafts in tornadogenesis have been
verified in numerical simulations, and nearly countless
observations exist of rear-flank downdrafts (RFDs), hook
echoes, and clear slots in close proximity to tornadoes
(Figure 10.4). Furthermore, trajectory analyses in a limited
number of observed supercells as well as in numerical
simulations indicate that at least some of the air entering
the tornadoes (or, in the case of simulations, intense
vortices that appear tornadolike) passes through the RFD
prior to entering the tornado (Figure 10.5).

Analyses of vortex lines in the vicinity of low-level
mesocyclones reveal that vortex lines form arches that join
counter-rotating vortices (one of which is the cyclonic
vortex associated with the tornado parent circulation)
on opposite sides of the RFD (Figures 10.6 and 10.7),
rather than vortex lines that are depressed downward as
in Figure 10.3a, as would happen if a downdraft advects
environmental vortex lines as material lines. The arching
vortex line structures are also consistent with the notion
of a downdraft playing a fundamental role in the gen-
eration of rotation near the ground. In fact, the arching
vortex line structure bears a striking resemblance to the
structure of the vortex lines that pass through the line-
end vortices of bow echoes (Figure 9.27). In bow echoes
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(i)
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rotation increases as vortex lines are converged beneath the updraft
(here the spacing between the vortex lines is inversely proportional to the vorticity magnitude)
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vertical vorticity is initially negligible at the surface

preexisting vertical vorticity at the surface

Figure 10.3 (a) Simple vortex line demonstration of why a downdraft is needed in order for significant vertical vorticity
to develop at the ground beneath a thunderstorm in the absence of preexisting vertical vorticity at the surface. There
is assumed to be no baroclinic vorticity generation; thus, the vortex lines are assumed to be frozen in the fluid. This is
obviously an oversimplification, for there must be baroclinity at least somewhere or else a buoyant updraft could not exist
in the first place (rainy downdrafts and their associated baroclinity, even if it is just a result of hydrometeor loading, are
also a virtual certainty at least somewhere in the vicinity of a thunderstorm updraft). Nonetheless, the basic conclusion
reached from considering only a purely barotropic redistribution is not changed: if tilting of vortex lines is accomplished
by only an updraft, significant vertical vorticity cannot arise at the ground because air is rising away from the ground as it
is tilted. On the other hand, if a downdraft is involved, a positive contribution to the vertical vorticity tendency can arise
from tilting even as air is sinking toward the ground. (b) Simple vortex line demonstration of how a tornado can arise from
convergence alone, in the absence of a downdraft, when preexisting vertical vorticity is present at the ground.
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Figure 10.4 A clear slot like that shown above near the Dimmitt, TX, tornado on 2 June 1995 is a visual manifestation of
sinking air, probably in what ought to be regarded as an occlusion downdraft (defined in Section 8.4 as a local, dynamically
driven intensification of sinking motion within the larger-scale RFD). Photograph by Paul Markowski.
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Figure 10.5 Observations and numerical simulations indicate that the air that enters tornadoes, tornado parent
circulations, or nontornadic, near-ground circulations in supercells typically enters the circulations from the outflow air
mass, rather than directly from the inflow. Such findings are consistent with the notion of downdrafts being important in
the generation of rotation near the ground in supercells. (a) Trajectories in the RFD region composited from dual-Doppler
observations of supercell thunderstorms (adapted from Brandes [1978]); (b) backward trajectories computed from the
near-ground vertical vorticity maximum in a supercell simulation (adapted from Wicker and Wilhelmson [1995]); (c) a
three-dimensional perspective from the southeast of trajectories entering a tornado that developed within a supercell
simulation (from Xue [2004]; courtesy of Ming Xue).

(Section 9.4), baroclinically generated vortex lines within
the outflow are lifted out of the outflow along the
outflow’s leading edge, leading to the counter-rotating,
line-end vortices. It is tempting to wonder whether similar
dynamics are at work in the RFD region of supercell
thunderstorms—that is, a baroclinic process (Figure 10.8)
rather than simply a redistribution of environmental

vorticity (Figure 10.3a)—as is suggested by the vortex line
configuration evident in Figure 10.6.

When there is preexisting rotation at the surface, a
downdraft such as the RFD is not needed for tornadogenesis
(Figure 10.3b). In these cases, near-ground convergence
alone can amplify vertical vorticity to tornado intensity. It
seems as though nonmesocyclonic tornadoes and perhaps
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Figure 10.6 (a) Radar reflectivity factor (dBZ; shaded) at 1.0 km AGL at 0034:39–0041:15 UTC 13 May 1995. Dual-
Doppler-derived, storm-relative wind vectors and vertical vorticity (white) contours (10−2 s−1 contour interval; the zero
contour is suppressed and negative contours are dashed) at the same altitude are also overlaid, as are projections of select
vortex lines (bold solid lines) onto the ground. The direction of the vorticity vector is indicated by the arrowheads. Five
of the vortex lines pass through points centered on and surrounding the vertical vorticity maximum at 1.0 km. A sixth
vortex line originates in the environment ahead of the gust front. The region enclosed by the square is shown in (b).
(b) A three-dimensional perspective of the vortex lines emanating from the low-level mesocyclone center. For purposes
of clarity, the reflectivity and vertical vorticity fields at 1.0 km AGL are displayed at the bottom of the three-dimensional
domain. (Adapted from Markowski et al. [2008].)

most other geophysical vortices commonly arise in this
manner. Nonmesocyclonic tornadoes are treated next.

10.1.3 Nonmesocyclonic tornadoes

Some vortices satisfy the definition of a tornado, in that
they are connected to a deep convective cloud base and
are capable of damage at the surface, yet these vortices do
not form by way of processes unique to supercells, such as
those described earlier that likely involve the reorientation
and generation of vorticity within a downdraft in close
proximity to the storm’s main updraft. These nonmesocy-
clonic tornadoes do not require the presence of a downdraft
and usually arise from the intensification of small-scale
vortices at the surface, sometimes called misocyclones,
that preexist the overlying convection (misocyclones
were introduced in Section 7.2, as they can also influence
convection initiation). Nonmesocyclonic tornadoes are
often referred to as nonsupercell tornadoes, but we prefer
the former terminology because supercells can produce

tornadoes by mechanisms similar to those of nonsuper-
cells, as well as tornadoes in close association with the
mesocyclone.

Nonmesocyclonic tornadoes most commonly develop
along air mass boundaries with large wind shifts and
therefore locally large horizontal wind shear and verti-
cal vorticity. Such corridors of anomalously large vertical
vorticity tend to break down into discrete patches of vor-
ticity as a result of horizontal shear instability (Figure 10.9;
also refer to Section 3.5). The transformation of a corri-
dor of relatively large vorticity found along a wind-shift
line into patches of large vorticity is associated with the
formation of vortices. If DMC subsequently develops or
passes over one of these vortices, vorticity stretching can
amplify the vortex to tornado strength (Figure 10.3b).

Nonmesocyclonic tornadoes commonly referred to as
landspouts and waterspouts, depending on whether they
develop over land or water, form beneath growing cumulus
congestus clouds, most commonly in environments
characterized by weak vertical wind shear (Figure 10.10).
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Figure 10.7 Idealized evolution of vortex rings and arches inferred from the sample of supercells analyzed by Markowski
et al. [2008], superimposed on a photograph of a supercell thunderstorm (courtesy of Jim Marquis; the view is from the
south). The numerals 1–4 can indicate either a single vortex line seen at four different times in a sequence, or four
different vortex lines at a single time but in different stages of evolution. An environmental vortex line is also shown.
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Figure 10.8 One possible way in which vertical vorticity can be produced at the surface by a purely baroclinic process in an
environment containing no preexisting vertical vorticity at the surface (actually, in this idealization there is no preexisting
vorticity—neither horizontal nor vertical—anywhere; the final vorticity field is solely a result of baroclinic vorticity
generation and subsequent rearrangement of the baroclinically-generated vortex lines). (a) Baroclinically generated vortex
rings encircle a buoyancy minimum that extends throughout a vertical column (such a region of negative buoyancy might
be found in the hook echo/RFD region of a supercell, for example); the presence of negative buoyancy causes the vortex
rings to sink toward the ground as they are generated. (b) If the vortex rings are swept forward as they descend toward
the ground owing to the additional presence of rear-to-front flow through the buoyancy minimum, the vortex rings become
tilted upward on their downstream sides (a vertical velocity gradient is present within the column because buoyancy is a
minimum in the center of the column and increases with increasing distance from the center of the column). (c) If the
leading edge of the vortex rings can be lifted by an updraft in close proximity to the buoyancy minimum (an updraft is
typically found in close proximity to the hook echo/RFD region of a supercell, for example), then the vortex rings can be
tilted further and stretched upward, leading to arching vortex lines and a couplet of cyclonic (‘C’) and anticyclonic (‘A’)
vertical vorticity that straddles the buoyancy minimum and associated downdraft. (Adapted from Straka et al. [2007]).
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Figure 10.9 Horizontal cross-section through the leading edge of a simulated outflow boundary at z = 0.55 km showing
the development of misocyclone circulations as a result of horizontal shear instability. The abrupt shading change denotes
the approximate −3 K perturbation potential temperature. (From Lee and Wilhelmson [1997a].)

Figure 10.10 Landspouts near Lazbuddie, TX, on 4 June 1995. Photograph by Peter Blottman.
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Figure 10.11 Schematic presentation of the lifecycle stages of landspouts. The viewing perspective is from an elevated
position looking northwest. See the text for details. The bold arrow indicates the ambient wind direction ahead of the air
mass boundary. The diagrams for stages iv and v focus on just one member of the landspout family. (Adapted from Lee and
Wilhelmson [1997b].)

The genesis of landspouts and waterspouts often accom-
panies the convection initiation process itself. The weak
shear probably maximizes the duration that the overlying
updrafts can remain over the misocyclones and inten-
sify them via stretching. The preexisting vertical vorticity
source for waterspouts may be land breezes that are located
a few miles offshore during late morning, when water-
spouts are most common. The preexisting vertical vorticity
source for landspouts is often an outflow boundary, col-
liding boundaries, or a mesoscale eddy, such as the Denver
convergence and vorticity zone (DCVZ), where probably
more landspouts develop than anywhere else in the United

States.5 Landspouts are also occasionally observed beneath
the flanking lines of supercells.

The lifecycle of a typical landspout is depicted in
Figure 10.11 (this is also applicable to a waterspout).6 In
the vortex development stage (i), a corridor of relatively
large vertical vorticity is present along a mesoscale

5 The DCVZ develops in conjunction with the Denver cyclone, a
mesoscale eddy that can form downwind of the Palmer Divide, located
in central Colorado, on days with southeasterly low-level winds. This
and other mesoscale lee vortices are discussed in Section 13.3.
6 The discussion of the lifecycle is based on the work of Lee and
Wilhelmson (1997a, b).
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boundary. The corridor of large vertical vorticity is
transformed into a series of regularly spaced vortices
along the mesoscale boundary by horizontal shear
instability; the release of the instability is triggered by
wind perturbations along the mesoscale boundary that
can be the result of lobe and cleft instability (Section
5.3.2), horizontal convective roll intersections with
the mesoscale boundary, natural variations in surface
roughness, or naturally occurring temperature variations
within either air mass. In the misocyclone interaction
and merger stage (ii), the vertical vorticity along the
mesoscale boundary is concentrated by preferential
vorticity advection induced by the horizontal shear
instability. Interactions among vortices (e.g., vortices
of similar strength rotate around each other and often
coalesce, and sometimes a stronger vortex extrudes the
vorticity from its weaker neighbor[s]) increase the spacing
between misocyclones, as well as the circulation of the
misocyclones which may then be subjected to strong
vorticity stretching (in two-dimensional theory, when
two misocyclones merge, the circulation of the resultant
misocyclone represents the sum of the circulations of each
misocyclone prior to the merger). The larger misocyclones
may produce an asymmetric pattern of forcing for deep
convection along the mesoscale boundary, as discussed in
Section 7.2.

As the young storms rapidly develop, vertical vortic-
ity is redistributed from the boundary layer to the storm
midlevels through vertical advection. The early mature stage
of the formation of the landspouts (iii) occurs as low-level
stretching intensifies the misocyclone circulations to tor-
nado intensity. Concurrently, deep convection occurring
above the circulations further supports tornado inten-
sification by inducing subcloud convergence and vortex
stretching throughout the depth of the boundary layer.
Multiple landspouts are often observed simultaneously
(Figure 10.10), and with somewhat regular spacing, which
is hardly surprising given that the progenitor misocyclones
are often regularly spaced along air mass boundaries. The
most intense phase, the late mature stage of a landspout (iv),
occurs at the same time that precipitation-induced cold
pools develop. Cold air surrounds the tornado, increas-
ing the low-level convergence and significantly increasing
vortex stretching on the periphery of the tornado. Even-
tually downdrafts and negatively buoyant air surround the
landspout, bringing about its dissipation (v). The tornado
may become sharply tilted if its lower portion is advected
by an advancing gust front.

Nonmesocyclonic tornadoes can also form within squall
lines, although occasionally a supercell merges with a
squall line and subsequently produces tornadoes within
the squall line that are associated with the mesocyclone of

the embedded supercell. Nonmesocyclonic tornadoes that
form within squall lines are usually associated with meso-
γ -scale vortices embedded within the lines, which are
sometimes generically referred to as mesovortices. (Dam-
aging straight-line winds within squall lines also tend to
be associated with mesovortices, as we shall discuss in
Section 10.2.) Only in rare cases do strong (EF2 or EF3)
tornadoes occur within squall lines, and violent (EF4 or
EF5) tornadoes are even less common.7 The rare cases
when strong or violent tornadoes occur usually involve
a supercell becoming entrained into the squall line. Such
tornadoes should probably not be regarded as nonmesocy-
clonic, however.

Although the details of tornadogenesis within squall
lines are not well understood (less well understood than
tornadogenesis in supercells), it is possible that down-
drafts within squall lines could play a similar role in
tornadogenesis as the downdrafts in supercells, whatever
the details of that role might be. In an environment lacking
preexisting vertical vorticity at the surface, a downdraft
is required for tornadogenesis, regardless of whether or
not the parent convection is a supercell or a larger-scale
convective system.

Gustnadoes are relatively shallow and transient vortices
that occur along thunderstorm gust fronts (Figure 10.12).
They are rarely responsible for significant damage. Gust-
nadoes presumably arise from the same shear instability
mechanism that gives rise to landspouts and waterspouts,
but it is likely that gustnadoes do not attain the same inten-
sities as the former vortices because the gust fronts along
which gustnadoes develop tend to race ahead of the overly-
ing deep updrafts, thereby limiting the vorticity stretching
that can occur. In contrast to landspouts and waterspouts,
gustnadoes are rarely, if ever, connected to an overlying
cloud base. The American Meteorological Society’s Glos-
sary of Meteorology defines a tornado as a ‘violently rotating
column of air, in contact with the ground, either pendant
from a cumuliform cloud or underneath a cumuliform
cloud’. Although a gustnado fits this definition, gustna-
does are typically excluded from tornado logs because they
are a nearly ubiquitous aspect of thunderstorms, at least
storms having strong outflow.8 It does not seem to matter
whether the gust front is produced by single-cell, multicell,
or supercell convection, or convective systems. Gustnado
sightings are most common in dry, dusty locations owing
to the fact that gustnadoes are not typically strong enough
to loft heavy debris.

7 An unfortunate exception was the F4 bow echo tornado that struck
West Bend, WI, on 4 April 1981.
8 In our view, the Glossary’s definition of a tornado should be narrowed
to exclude vortices that are not connected to the base of a deep convective
cloud.
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Figure 10.12 Photograph of a gustnado. Photograph taken by Chuck Doswell.

10.1.4 Forecasting and nowcasting
tornadoes

Most strong (EF2–EF3) and virtually all violent (EF4–EF5)
tornadoes are associated with supercells. Although super-
cells might be regarded as being relatively easy to anticipate,
predicting which supercells will spawn tornadoes is one of
the most challenging tasks facing forecasters and researchers
alike. Even detecting tornadic supercells is not an easy
task. Except in rare circumstances, radars only detect tor-
nado parent circulations (i.e., mesocyclones)—they cannot
resolve tornadoes themselves. Perhaps surprisingly, torna-
does are relatively infrequent even within supercells; only
about a quarter of all radar-detected mesocyclones are asso-
ciated with tornadoes, using fairly stringent mesocyclone
detection criteria9 (some studies using more liberal meso-
cyclone detection criteria have found that as few as 5–10%
of mesocyclones are associated with tornadoes). Moreover,
the strongest midlevel mesocyclones are not necessarily
the ones associated with tornadoes. Tornadoes occur over a
broad range of midlevel mesocyclone intensities, with some
of the most intense mesocyclones ever documented being
observed in nontornadic supercells.10

One of the most fruitful strategies undertaken in the
United States for improving tornado warnings has been

9 See Trapp et al. (2005).
10 The mesocyclone of a nontornadic supercell documented by Waki-
moto et al. (2004a) near Superior, NE, was extraordinarily large and

to combine real-time radar data with observations of the
near-storm environment. Two parameters seem to offer the
most promise in discriminating between nontornadic and
tornadic supercells: (1) boundary layer relative humidity
and (2) low-level vertical wind shear. Boundary layers with
large relative humidity and low-level vertical shear (relative
to the average supercell environment) are most favorable
for tornadic supercells (Figure 10.13). There is growing
evidence that strong cold pools and excessive negative
buoyancy are detrimental to tornadogenesis (Figure 10.14),
and these findings are consistent with supercell proximity
sounding climatologies showing that tornadic supercells
are favored in environments having a low cloud base (envi-
ronments with a low cloud base, i.e., large boundary layer
relative humidity, can limit the production of exceptionally
cold outflow).

Occasionally boundary layer relative humidity and low-
level wind shear are favorable for tornadic supercells on
the meso-α scale. These are the days on which out-
breaks of supercells and tornadoes are most likely to be
observed. More commonly, tornadoes seem to occur as
‘mesoscale accidents’, that is, there seems to be a strong
random element to tornado formation within supercells.
Some of the apparent randomness is probably due to
localized, meso-β-scale enhancements of boundary layer

intense. It had a diameter of 9 km and a 118 m s−1 radial veloc-
ity differential, and is believed to be the strongest mesocyclone ever
documented.
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relative humidity and/or low-level wind shear that may
or may not be detectable by the observation network
(Figure 10.15). When such enhancements in the environ-
ment are detectable, they are often associated with air mass
boundaries like outflow boundaries, warm fronts, inland
sea breezes, etc., and may be visible in satellite imagery
as lines of cumulus clouds or in radar data as fine-lines.
The horizontal density gradients that tend to be associated
with such boundaries generate horizontal vorticity baro-
clinically [via (2.96)], which can augment the larger-scale
environmental wind shear. Mean boundary layer relative
humidity is also occasionally enhanced along mesoscale
boundaries owing to the convergence and attendant deep-
ening of the moist layer there. One nowcasting challenge,
however, is that not all storm-boundary interactions are
favorable. Many result in rapid storm weakening. Whether
or not a storm-boundary interaction is likely to result in
storm intensification versus weakening likely depends on
the characteristics of the ‘new’ air mass that a storm finds
itself in; for example, a storm that crosses a boundary into

air that possesses little or no CAPE and large CIN will
almost certainly weaken, regardless of the degree to which
the vertical shear might be enhanced there.

Despite the above understanding, there is no shortage of
case examples in which supercells fail to produce tornadoes
in seemingly very favorable tornado environments, and
others in which a supercell is a prolific tornado producer in a
seemingly marginal tornado environment. The differences
from one storm to the next clearly must originate from
at least slight differences in the storm environments. Our
ability to observe storms and their environments will always
have limits. Nonetheless, we know that the environments
of deep, moist convection have considerable kinematic
and thermodynamic variability, even down to the scale of
boundary layer thermals (recall Figure 7.17). We do not
yet know what effect, if any, such small-scale variability
has on storms. When mesoscale accidents (or conversely,
mesoscale ‘failures’) lead to (or prevent) tornadoes, it is
sometimes tempting to wonder what nonlinear impact
small-scale environmental variability might have had.
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mesonets. Supercells that spawned significant tornadoes were associated with warmer RFD outflow, on average, compared
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[2009].)

It seems as though tornadic supercells might bene-
fit from large low-level horizontal vorticity that is not
accompanied by large negative buoyancy; strong cold pools
have a tendency to either undercut updrafts and/or sup-
press vorticity stretching beneath the updraft. When the
environmental horizontal vorticity is relatively marginal,
then perhaps tornadogenesis requires significant enhance-
ment of the environmental horizontal vorticity. Such
enhancement is unlikely without strong storm-induced
baroclinity (which is suppressed by large environmental
low-level relative humidity), but strong baroclinity tends
to be accompanied by strong cold pools.

Although forecasting tornadoes within supercells is
challenging, forecasting nonmesocyclonic tornadoes is
even more difficult, in large part because nonsupercellular

convection is much more common than supercellular
convection (a much smaller fraction of nonsupercells
produces tornadoes compared with supercells). Many
nonmesocyclonic tornadoes are associated with growing
cumulus towers that do not even exhibit a low-level radar
echo. As discussed in Section 10.1.3, a wind-shift line is
typically present beneath the overlying convective cloud,
but there is no clear way to identify which wind-shift
lines and cumulus congestus will be associated with
nonmesocyclonic tornadogenesis. Regarding nonmesocy-
clonic tornadoes occurring in squall lines, there is some
indication that CAPE and shear tend to be larger in the
environments of tornado-producing squall lines than
in nontornadic squall lines (Figure 10.16). This is not
entirely surprising, given that bow echoes and LEWPs
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are also favored when CAPE and shear are larger than
in the average squall line environment (Section 9.4), and
tornadoes, when they occur in squall lines, tend to be
associated with bow echo and LEWP structures.

10.1.5 Tornado structure and dynamics

Flow regions

Our present understanding of the morphology and
dynamics of tornadoes has been gained from photogram-
metric studies (e.g., Figure 10.17), laboratory experiments,
and numerical simulations (e.g., Figure 10.18). The
flow in tornadoes can be partitioned into five regions11

(Figure 10.19):

Outer region (I): The outer region comprises inward
spiraling air that approximately conserves its angular
momentum, therefore air spins faster as it approaches
the tornado axis.

11 See Snow (1982) and Davies-Jones (1986).

Core (II): The core region extends outward from the
tornado axis to the radius of maximum winds. It often
contains a funnel cloud and a column of dust and debris
from the ground. Because of the intense rotation in this
region, air parcels are approximately in cyclostrophic
balance; i.e., the apparent centrifugal force owing to
the large curvature and high speed of the flow is bal-
anced by a horizontal pressure gradient force directed
inward toward the axis. Moreover, the region is strongly
centrifugally stable; thus, the resistance to radial dis-
placements results in there being almost no entrainment
into the core.

Corner (III): The corner region is the part of the bound-
ary layer where the flow turns upward from a primarily
horizontal direction to a primarily vertical direction (the
flow ‘‘turns the corner’’).

Boundary layer flow (IV): The tornado’s boundary layer
is anywhere from 10 to 100 m deep and is turbulent
owing to the interaction of the flow with the ground.
Friction precludes cyclostrophic balance, and radial
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inflow toward the axis is produced. The radial inflow
and convergence of angular momentum give rise to
intense wind speeds. Thus, paradoxically, the presence
of friction can actually intensify the vortex.

Rotating updraft (V): This is the larger-scale, parent
updraft situated above the tornado.

Wind and pressure profile

The simplest idealization of the wind field of a tornado is
that of a Rankine vortex; that is, constant angular velocity
(v/r, where v is the tangential wind speed and r is the
distance from the tornado center) is found within the radius
of maximum tangential winds, and angular momentum
(vr) is constant outside the radius of maximum winds,

such that,

v =
{

vmaxr/rmax, r ≤ rmax

vmaxrmax/r, r > rmax
(10.1)

where rmax is the radius of the maximum tangential wind
speed, vmax. The purely azimuthal wind profile of a Rankine
vortex implies cyclostrophic balance. The Rankine wind
profile is therefore most applicable above the boundary
layer of the tornado (the strong radial inflow within the
boundary layer implies a large departure from cyclostrophic
balance there).

In the case of cyclostrophic balance, the momentum
equation in natural coordinates (or the tangential momen-
tum equation in cylindrical coordinates) can be written as

ρv2

r
= ∂p′

∂r
. (10.2)

To obtain the pressure, we integrate (10.2), assuming p′ is
a function of r only,

∫ p′∞

p′(r)
dp =

∫ ∞

r

ρv2

r
dr, (10.3)

where p′(r) is the pressure perturbation at radius r from the
vortex center and p′

∞ is the pressure perturbation far away
from the vortex. Assuming a constant density, p′

∞ = 0, and
using (10.1), the pressure field for r > rmax is

p′(r) = −
∫ ∞

r
ρ

(vmaxrmax

r

)2 dr

r
(10.4)

= −ρv2
maxr2

max

[
− 1

2r2

]∞

r

(10.5)

= −1

2
ρv2

max

r2
max

r2
for r > rmax. (10.6)

For r ≤ rmax, again, assuming constant density, p′∞ = 0,
and using (10.1), the pressure field is given by

p′(r) = −
∫ rmax

r
ρ

(
vmaxr

rmax

)2 dr

r

−
∫ ∞

rmax

ρ
(vmaxrmax

r

)2 dr

r
(10.7)

= −ρv2
max

r2
max

[
r2

2

]rmax

r

− ρv2
maxr2

max

[
− 1

2r2

]∞

rmax

(10.8)

= −ρv2
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(
1 − 1

2

r2

r2
max

)
for r ≤ rmax. (10.9)
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Figure 10.17 Fujita’s photogrammetric analysis of wind velocities in the Sayler Park, OH, tornado of 3 April 1974. Winds
are in m s−1. (From Fujita [1992].)

The minimum pressure is found at the vortex center
(r = 0):

p′
min = −ρv2

max. (10.10)

For ρ ∼1 kg m−3 and a weak tornado (vmax ∼ 25 m s−1),
p′

min ∼ 6 mb. This pressure deficit is only enough to lower
the cloud base by approximately 60 m. In such cases a
debris cloud might be present at the surface, but only a
short funnel cloud would be visible aloft. If the tornado
intensifies to vmax = 100 m s−1, (10.10) predicts p′

min ∼
100 mb, and the cloud base lowers by ∼1000 m, which
would likely be near the ground. The funnel cloud is not a
material surface; rather, it descends even as air is continually
flowing upward through it.

The Burgers-Rott vortex is another idealized vortex
model that has been applied to tornadoes. It is more
realistic than the Rankine vortex because it also specifies
radial and vertical flow. The Burgers-Rott vortex takes the

following form:
u = −ar (10.11)

v = C

2πr

(
1 − e− ar2

2ν

)
(10.12)

w = 2az. (10.13)

Here u, v, and w are the radial, tangential, and vertical
velocity components, respectively, C is the circulation, ν is
viscosity (eddy viscosity would be more appropriate than
molecular viscosity), and a determines the strength of the
updraft). The tangential wind profile of the Burgers-Rott
vortex is similar to that of the Rankine vortex but has
the advantage of smoothing out the unrealistic cusp found
at the radius of maximum wind in the Rankine vortex
model. Some obvious unrealistic aspects of the Burgers-
Rott vortex, as applied to tornadoes, are that the vertical
velocity increases linearly with height without bound and
that the strength of the circulation, C, is uncoupled from
the radial and vertical flow.
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Figure 10.19 The five regions of a tornado vortex. See the text for descriptions. Photograph by Paul Markowski.

Another vortex model, the Sullivan vortex, will not
be discussed in detail here. In brief, it is more realistic,
and thus necessarily more complex, than the Burgers-Rott
vortex. The radial, tangential, and vertical velocity fields are
coupled, and the Sullivan vortex even prescribes an axial
downdraft, as is commonly observed in real tornadoes.

Swirl ratio

Laboratory vortex experiments have shown that the struc-
ture of the vortices strongly depends on a dimensionless
parameter called the swirl ratio, S,

S = r0C

2Q
= v0

w0
, (10.14)

where C is the circulation about the central axis at a radius
of r0, Q is the rate of volume flow through the top of
the tornado chamber, v0 is the tangential velocity at r0,
and w0 is the mean vertical velocity at the top of the
chamber.

For small values of S (e.g., <1), the flow is dominated by
updraft rather than by rotation. At any given level above the
boundary layer of the tornado, the pressure rises as the flow
approaches the axis because the air parcels must decelerate.
Thus, the boundary layer ‘separates’ and any rotation that
exists in the approaching stream is carried aloft before
reaching the axis (Figure 10.20a).12 As S is increased, the
rotation in the outer flow makes the pressure gradient in
the direction of the flow favorable so that surface flow

12 See Rotunno (1986).

can penetrate to the axis, resulting in a one-celled vortex.
One-celled refers to the fact that the vortex contains an
updraft throughout (Figures 10.18a–c and 10.20b). As S is
increased further (Figures 10.18d–f and 10.20c, d), a central
downdraft forms and a two-celled vortex results. The large
swirl ratio (e.g., >2) is associated with a low-level pressure
deficit that is large enough to induce a net axial downflow.
Two-celled refers to the fact that a central downdraft is
surrounded by updraft in this case.

The transition from a one-celled vortex to a two-celled
vortex is termed vortex breakdown. When S is very large,
the central downdraft reaches the ground. The interface
between the rapidly rotating inflow and weakly rotating
downdraft air at the surface is unstable, and multiple
vortices are formed (Figures 10.20e and 10.21). The mul-
tiple vortices rotate about the parent vortex circulation.
Many tornadoes, and perhaps most strong tornadoes, are
observed to evolve from one-celled to two-celled tornadoes
and exhibit vortex breakdown and ultimately subvortices
(Figures 10.21 and 10.22). Subvortices can be associated
with localized intense damage within the broader debris
swath of the tornado owing to the superposition of the
velocity field associated with the small-scale subvortex and
the larger-scale tornado.

Numerical simulations of tornadoes, which have largely
replaced laboratory experiments, demonstrate a similar
sensitivity of tornado structure to the swirl ratio. However,
depending on the design of the numerical model, it can be a
challenge to define the appropriate values of v0 and w0; e.g.,
it is often not obvious what radius and level are the most
appropriate to use to obtain v0 and w0, respectively. The
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Figure 10.20 Types of vortices produced in a vor-
tex chamber as swirl ratio increases: (a) weak
swirl—boundary layer separates and flow passes around
the lower corner; (b) one-celled vortex; (c) one-celled
vortex over the lower portion, two-celled vortex over the
upper portion, separated by vortex breakdown; (d) two-
celled vortex; and (e) multiple vortices. (Adapted from
Davies-Jones [1986].)

same challenges apply to assessing relationships between
observed tornado structure and swirl ratio. Sometimes a
local swirl ratio is used instead, computed inside the core
region in the surface layer, which is less sensitive to the
precise radial or vertical location at which v0 and w0 are
measured.13 However, the local corner flow swirl ratio does
not really replace the aforementioned outer swirl ratio. The
two swirl ratios measure different physical properties of the
tornado flow.

10.2 Nontornadic, damaging
straight-line winds

Damaging straight-line winds within convective storms
are almost always associated with the precipitation-cooled
(via evaporation, melting, or sublimation) outflow. An
exception is that, in rare cases, supercell updrafts can be
so intense that they induce inflow winds capable of doing
damage. This exception aside, outflow-related damaging
winds are usually produced by either meso-γ -scale

13 See Lewellen et al. (2000).

downdrafts, termed downbursts, that strike the ground
and subsequently create strong, often highly divergent
horizontal winds there, or by meso-β-scale cold pools
associated with horizontal pressure gradients large enough
to produce damaging winds in the absence of strong
downdrafts. The latter events tend to arise after numerous
thunderstorms’ outflows have merged, leading to a
deepening of the outflow and corresponding rise in surface
pressure within the outflow; vortices that form along
the outflow boundary also can contribute to high winds.
Regarding downbursts, high winds can be due to either
intense downdrafts or lesser downdrafts that carry large
momentum from aloft (e.g., the descent of a rear-inflow
jet to the surface within an MCS).

In the case of isolated cells, forecasting damaging
straight-line winds usually amounts to identifying environ-
ments conducive to the formation of intense downdrafts.
Forecasting damaging straight-line winds within MCSs
involves anticipating the formation of long-lived MCSs,
which can produce damaging winds if their rear-inflow
jet descends to the surface, or simply owing to their deep
meso-β-scale cold pools, especially where vortices locally
enhance the outflow winds. Supercells can also produce
damaging straight-line winds. For example, the winds in
the most intense RFDs can be stronger than those in a weak
tornado.14 Damaging straight-line winds can also occur
within low-topped (perhaps even non-thundering) squall
lines or rainbands in low-CAPE (or zero-CAPE) environ-
ments having strong synoptic-scale gradient winds, as is
often the case in the cold season. The high winds in these
events result from the downward transport of high-speed
air from above the surface by system-scale downdrafts.

A derecho is a widespread damaging wind event
associated with long-lived DMC. The extreme winds can
be the result of any of the aforementioned mechanisms.
Often people whose homes are damaged by straight-line
winds, which can exceed 50 m s−1 in extreme cases,
falsely attribute the damage to tornadoes. However, the
damage pattern from downbursts is highly divergent
(Figure 10.27), in contrast to the convergent flow
associated with tornadoes. Through aerial surveillance of
damage, Fujita was the first to recognize these differing
patterns and distinguish between the two.

10.2.1 Damaging winds resulting
from downdrafts

Downbursts are defined to have horizontal dimensions
less than 10 km. If a downburst is particularly small in

14 The Doppler On Wheels radar scanned a tornado on 29 May 2004 that
had peak winds of ∼40 m s−1 while the radar truck was being slammed
by RFD winds in excess of 50 m s−1.
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Figure 10.21 Horizontal cross-section at z = 50 m of vertical velocity (w; color shading, see scale) and pressure
perturbations (p; contours every 200 Pa) in a three-dimensional numerical simulation of a tornado having a high swirl
ratio. Numerous subvortices (there are eight of them) are evident. Courtesy of Dave Lewellen.

Figure 10.22 Video frame of a multiple-vortex tornado near Mountain View, OK, on 9 October 2001. Courtesy of Amos
Magliocco.
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Figure 10.23 Photograph of a wet microburst, with the gust front position and a couple of schematic streamlines drawn.
A cloud is situated on the leading edge of the outflow (indicated by the cold frontal symbols) where air is being forced
upward. Photograph courtesy of the National Oceanic and Atmospheric Administration (NOAA).
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Figure 10.24 A downburst as seen in (a) radar reflectivity (dBZ) and (b) radial velocity (m s−1) imagery obtained at
2224 UTC 2 June 2005 by the Colorado State University CHILL radar in northeastern Colorado (0.5◦ elevation angle). The
radial velocity signature of a downburst on low-altitude scans is an inbound–outbound velocity couplet oriented such that
the zero contour is approximately normal to the radials, with inbound (outbound) velocities closer to (farther from) the
radar, thereby implying radial divergence.
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Outflow Microburst

ring vortex

Figure 10.25 Fujita’s conceptual model of a microburst,
which can be viewed as an intense vortex ring intercepting
the ground. (From Fujita [1985].)

its horizontal dimensions (less than 4 km on a side), it is
also known as a microburst (Figures 10.23–10.27).15 These
classifications are based rather arbitrarily on horizontal
scales rather than on the governing dynamics. Downbursts
are produced by a downdraft, by definition. Below we
focus on the development of strong downdrafts, rather
than on damaging winds that principally result from large
horizontal momentum being transported to the surface,
independent of downdraft strength.

The vertical momentum equation can be written as

dw

dt
= − 1

ρ

∂p′
d

∂z︸ ︷︷ ︸
dynamic forcing

+
(

− 1

ρ

∂p′
b

∂z
+ B

)
︸ ︷︷ ︸

thermodynamic forcing

, (10.15)

where w is the vertical velocity, ρ is the air density,
p′ = p′

d + p′
b is the total pressure perturbation, p′

d is the
dynamic pressure perturbation, p′

b is the buoyancy pressure
perturbation, and B is the buoyancy [refer to the diagnostic
pressure equation (2.133) in Section 2.5]. The first term on
the rhs is the dynamic forcing, whereas the buoyancy and
the vertical gradient of the buoyancy pressure perturbation
are considered together as the thermodynamic or buoyancy
forcing. Although both forcings can be important, the
thermodynamic forcing is probably dominant in most
downburst cases.16

Downbursts are associated with relatively high pressure
at the surface, as are all downdrafts; the high pressure is
necessary to deflect downward-directed streamlines hori-
zontally. Recall that the high pressure at the surface situated

15 The terms downburst and microburst were coined by T. Fujita.
16 The most common exception may be the occlusion downdraft of
supercell thunderstorms (Section 8.4.2).

beneath downbursts has both hydrostatic and nonhydro-
static origins; that is, there is high pressure both because
the column of air tends to be relatively cool and because the
requirement that air decelerate as it approaches the ground
is unavoidably associated with fluid strain. An estimate
of the magnitude of (positive) p′ at the surface beneath a
downdraft can be obtained using a Bernoulli equation,

p′ ≈ ρ

(
v2

2
+ DCAPE

)
, (10.16)

where v is the downdraft velocity evaluated a few kilometers
above the surface, at a height where p′ is small; ρ is the
mean air density between this altitude and the surface, and
the DCAPE is the integrated negative buoyancy realized by
the downdraft parcel between this altitude and the surface
(Figure 10.28). For v ∼ 10 m s−1, ρ ∼ 1 kg m−3 (as might
be the case for a parcel descending from a height of ∼2 km),
and DCAPE ∼ 200 m2 s−2, (10.16) yields p′ ∼ 2.5 mb.

The application of parcel theory (Section 3.1.1) to a
downdraft predicts that

wmin = −
√

2 DCAPE, (10.17)

where wmin is the maximum downdraft speed. However,
whereas CAPE is clearly defined as the integral of positive
buoyancy from the level of free convection to the equilib-
rium level, the upper level from which DCAPE should be
integrated is not as clear (Section 2.6). This limits its use-
fulness as a quantitative predictor of downdraft strength,
in addition to limits imposed by parcel theory. Downdrafts
entrain environmental air, just as updrafts do. Moreover,
the effects of ∂p′/∂z are clearly important because air
cannot descend through the ground. Without a vertical per-
turbation pressure gradient force (usually involving both p′

d
and p′

b) opposing the downward-directed buoyancy force,
downdraft speeds would be a maximum at the surface.
Another difficulty in predicting downdraft speeds from
DCAPE is that downdraft parcels are often unsaturated
for part of their excursions (i.e., parcels may not follow
a pseudoadiabat all the way to the ground; Figure 10.28);
DCAPE calculations are usually based on the negative
area between the environmental temperature profile on a
sounding and the pseudoadiabat followed by a downdraft
parcel.

Thermodynamic effects

The thermodynamic forcing for downdrafts is related to the
generation of negative buoyancy, which can be produced
by two mechanisms: latent cooling and hydrometeor
loading. We turn our attention to latent cooling first.
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Figure 10.26 Cross-section of a microburst. (Adapted from Fujita [1978].)

Latent cooling is due to the evaporation of liquid water
(raindrops and cloud droplets; Figure 10.29a, b), melting
of ice (hail, graupel, and snow; Figure 10.29c, d, g, h),
and sublimation of ice (mainly snow; Figure 10.29e, f).
Evaporation and melting are more important in the lower
troposphere below the melting level, whereas the cooling
effects of sublimation are confined to higher altitudes. All
three effects can contribute to the negative buoyancy that
supports downdrafts.

Boundary layers that are dry (i.e., relative humidity is
small, cloud bases are high) are favorable for the generation
of significant negative buoyancy via evaporation as rain-
drops fall from cloud base into a deep, unsaturated layer of
air. Even if the boundary layer is not particularly dry, the
entrainment of dry midlevel environmental air into a storm
can produce negative buoyancy aloft, leading to down-
draft formation. Midlevel entrainment generally increases
with vertical wind shear and storm-relative winds. Recall
from Section 5.3.1, however, that, although evaporation

is important in the initiation of downdrafts, downdraft
intensity does not necessarily increase with increasing
environmental dryness (for a given CAPE), owing to the
weakening of updrafts and the associated reduction in con-
densate that is available to be evaporated (Figure 10.29a, b).
Stated another way, for a given liquid water content, the
cooling due to evaporation increases as the relative humid-
ity decreases, but the liquid water content available for
evaporation is itself affected by the environmental relative
humidity.

As for ice, some simulations suggest that the subli-
mation and especially melting of ice can be a significant
source of negative buoyancy and is even necessary to pro-
duce downbursts in environments with greater low-level
stability. The sublimation rate increases as the environ-
mental relative humidity decreases (Figure 10.29e, f). On
the other hand, melting rates increase as environmen-
tal relative humidity increases (Figure 10.29c, d, g, h).
(This is another reason why downdraft intensity does not
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Figure 10.27 Streamline analysis of a series of downbursts and microbursts on 30 September 1977. (From Fujita [1978].)

necessarily increase with increasing environmental dry-
ness.) Because the air temperature near the surface of a
hydrometeor is approximately equal to the wet-bulb tem-
perature, Tw, melting does not occur until ice encounters
wet-bulb temperatures above freezing. As the environmen-
tal relative humidity increases, hailstones maintain a higher
temperature owing to less evaporation of the meltwater;
thus, there is increased melting. Furthermore, the altitude at
which Tw = 0◦C (known as the wet-bulb-zero level to fore-
casters; Figure 10.30) is lower in dry environments than
in moist environments, in addition to its obvious depen-
dence on temperature (the wet-bulb-zero level is higher
in warm environments than cool environments). Thus,
in dry environments, less time is available for melting as
ice falls to the ground; therefore, less cooling via melting
occurs.

The latent cooling resulting from evaporation, melt-
ing, or sublimation can be quantified using the first
law of thermodynamics. From the first law, the potential
temperature change of an air parcel at constant pressure,

δθ , produced by latent cooling is

δθ = θ

T

l

cp
δrh (10.18)

where θ is the potential temperature, T is the absolute
temperature, cp is the specific heat at constant pressure, l is
either the specific latent heat of vaporization (lv), fusion
(lf ), or sublimation (ls), and rh is the hydrometeor mass
(kg per kg of air) that is either evaporated, melted, or
sublimated (rh = rc + rr + ri, where rc, rr, and ri are the
cloud water, rain water, and ice (cloud ice, graupel, hail,
and snow) mixing ratios, respectively). For every 1 g kg−1 of
hydrometeor mass that is evaporated/melted/sublimated,
θ cools by approximately 2.5/0.3/2.8 K.

We now revisit the effects of hydrometeor loading. Recall
from Section 2.3 that the downward acceleration due to the
mass of hydrometeors is grh. The density increase within a
parcel attributable to the condensate weight can therefore
be accounted for in the buoyancy term of the vertical



298 HAZARDS ASSOCIATED WITH DEEP MOIST CONVECTION

θw = 20 C

250

500

600

700

800

900

1000

100 
mb

200

300

400

θ  = 3
2

0
 K

3
3

0

3
4

0

350

360

370

380

390

400

410

420

430

3
1

0
300

290
280

270
260

1 2 3 5 8 120.4 g/kg 20

322824

trajectory

8 1

downdraft parcel

updraft parcel
trajectory

0°

–10°

–20°

–30°

–40°

–50°

–60°

–70°

–80°

–90°

–100°C

10
°

 2
0°

30
°

40
°

Figure 10.28 Downburst air parcels commonly undergo both moist and dry adiabatic descent en route to the ground.
The kinetic energy realized by a downdraft parcel, and, in part, the surface pressure perturbation associated with the
downdraft, are proportional to the area that is shaded blue.

momentum equation. Including the weight of condensate,
in addition to the contribution of water vapor perturba-
tions, recall that the buoyancy of an air parcel may be
written as

B ≈ g
θ ′
ρ

θρ

≈ g

(
θ ′

θ
+ 0.61r′

v − rh

)
, (10.19)

where r′
v is the water vapor mixing ratio perturbation

relative to the ambient water vapor mixing ratio and
θρ = θρ + θ ′

ρ = θ(1 + 0.61rv − rh) is the density poten-
tial temperature.17 For rh = 10 g kg−1, the contribution

17 Recall from Section 2.3.3 that B = gθ ′
ρ/θρ if the vertical pressure

gradient force in the vertical momentum equation is written in terms of
θρ and π ′.

to B is the same as from a −3 K potential tempera-
ture perturbation. Hydrometeor loading is often crucial in
initiating the downdraft, after which the other effects also
become important.

Dynamic effects

Dynamic effects, more specifically, dynamic pressure
perturbations and their vertical gradients, are most likely
to be significant in environments containing large vertical
wind shear (e.g., supercell environments). Relatively
high p′

dl (the linear contribution to p′
d) is found aloft

upshear of the updraft, and is a maximum at the level
where the product of updraft speed and environmental
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Figure 10.29 Vertical cross-sections of line-averaged latent cooling rates in a pair of numerical simulations of a long-lived
MCS. The panels in the left column (a, c, e, g, i) are from a simulation in which the environment has a relatively high
relative humidity throughout the troposphere (the relative humidity decreases from 95% at the top of the boundary layer
to 50% at the tropopause), whereas the panels in the right column (b, d, f, h, j) are from a simulation in which the
midtropospheric environment has a 1.5 km-deep dry layer with relative humidity of only 10%. The CAPE in both simulations
is 4000 J kg−1. The melting level in both simulations is at approximately 4 km. The x and z axis labels are in kilometers.
The latent cooling rates (J kg−1 s−1) from (a, b) rain evaporation, (c, d) hail melting, (e, f) snow sublimation, and (g, h)
snow melting are shown 4 h into the simulations, as is (i, j) the total latent cooling rate. The evaporative cooling (and
total latent cooling) in the moist environment immediately behind the gust front (the gust front is at x = 150 km) exceeds
that in the dry environment (the domain-wide evaporative cooling and total latent cooling are also greater in the moist
environment, although this is not as obvious from the panels above). Image courtesy of Richard James.
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Figure 10.30 A typical loaded gun sounding with the vertical profile of wet-bulb temperature (Tw) indicated with a
dashed blue line. The 0◦C isotherm is highlighted.

shear is largest, assuming that the magnitude of the horizon-
tal vertical velocity gradient is proportional to the vertical
velocity. Below this level, −∂p′

dl/∂z < 0, which contributes
to downward accelerations. Air that is not negatively
buoyant may be forced to descend. Another example is
when vertical vorticity decreases with height, implying that
p′

dnl (∝ −ζ 2; the nonlinear contribution to pd′) increases
with height. Such conditions give rise to subsidence along
the axis of a tornado and to the occlusion downdraft in a
supercell.

Subclasses of downbursts/microbursts

Events termed dry microbursts are those in which precip-
itation, except perhaps for a few sprinkles (one definition
specifies rainfall<0.25 mm and radar reflectivity<35 dBZ),
fails to reach the ground. Negative buoyancy is gener-
ated by the evaporation of rain below cloud base. Dry
microbursts are common in the High Plains region of
the United States on days with deep boundary layers and
high (e.g., >3 km) cloud bases (Figures 10.31 and 10.32).
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Figure 10.31 Composite skew T –log p diagram for Denver, CO, on dry microburst-producing days. Such a sounding is
sometimes referred to as an inverted V sounding. The blue line represents the trajectory followed by a parcel lifted from
the surface. (Adapted from Brown et al. [1982].)

Figure 10.32 Photographs of dry microbursts. Photos by (left) Fred Caracena and (right) Marisa Ferger. The photograph
on the right was taken from the upper deck of Coors Field in Denver, CO, during a Colorado Rockies baseball game. The
base of the parent cumulus cloud is visible near the top of the image, above the blowing dust.
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They often occur in conjunction with fairly shallow clouds
that might not look much more threatening than shallow
cumulus convection. Typically virga is observed beneath dry
microburst-spawning convection (the virga is an indication
of the evaporation that generates the negative buoyancy).
Conversely, wet microbursts are those in which extensive
precipitation reaches the ground. These are the most
common class of microburst and are largely forced by
a combination of hydrometeor loading, evaporation, and
hail melting (Figure 10.23).

Events termed mid-air microbursts do not penetrate
to the ground because they encounter a low-level stable

layer, which slows and ultimately halts their descent.
These phenomena are still a danger to aircraft, however.
Heat bursts occur when downbursts penetrate through a
shallow stable layer near the surface. These are similar
to mid-air microbursts, but the downdraft succeeds in
reaching the ground. Typically the stable layer is shal-
lower than in the mid-air microburst case, so downdrafts
have sufficient downward momentum to overshoot their
equilibrium level and reach the ground (Figures 10.33
and 10.34). As their name suggests, sudden, intense warm-
ing (and often drying) at the surface accompanies a heat
burst.
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Figure 10.33 Skew T –log p diagram for Russell, KS, at 0440 UTC 24 June 1985. The expected heat-burst parcel trajectory
is shown and colored blue (red) for the portions of the trajectory that are negatively (positively) buoyant. (Adapted from
Johnson et al. [1989].)
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Figure 10.34 Depictions of two possible heat-burst mechanisms associated with the trailing stratiform regions of
mesoscale convective systems: top, microbursts penetrating a shallow surface inversion, and bottom, descending rear inflow
penetrating a surface inversion. Heat bursts can also occur in association with downdrafts from isolated thunderstorms
penetrating a surface inversion (not shown). (Adapted from Johnson [2001].)

10.2.2 Damaging winds occurring
in the absence of a strong
downdraft

Many nontornadic damaging wind events occur in the
absence of a nearby intense downdraft. Such is com-
monly the case within MCSs, wherein meso-β-scale cold
pools can be associated with horizontal pressure gradients
large enough to produce severe winds in the absence of
intense meso-γ -scale downdrafts.18 Damaging winds also
can result from the descent of a rear-inflow jet to the sur-
face, that is, a relatively weak downdraft transports large
horizontal momentum to the surface. Both mechanisms

18 It is not clear whether Fujita intended to restrict the usage of the
term downburst to damaging wind events associated with intense meso-
γ -scale downdrafts, as we have. Fujita’s bow echo conceptual model
(Figure 9.23) includes downbursts, even though it seems likely that the
notion of a relatively small-scale (<10 km), intense downdraft producing
the severe winds at the surface might not always be applicable in bow
echo high-wind events.

tend to make the apex of a bow echo a favored location for
high winds.

Recent field observations and numerical simulations19

have revealed that wind damage within squall lines also
frequently coincides with the tracks of meso-γ -scale vor-
tices embedded within the lines (Figure 10.35), sometimes
referred to simply as mesovortices (Figure 10.36; also recall
the small-scale vortex in Figure 9.24). The vortices can
have a variety of origins. Some form in the same manner
as the bookend vortices of bow echoes form: that is, from
the lifting of vortex lines generated baroclinically within
the cold pool by an updraft (see, e.g., Figure 9.27). Others
may arise from horizontal shear instability along the gust
front, although the horizontal wind shear implies vertical
vorticity, and the vertical vorticity can only arise along the
gust front if vorticity tilting is involved, assuming that the
environment does not contain significant vertical vorticity.

19 Much of the understanding summarized in this paragraph is derived
from the Bow Echo and MCV Experiment (BAMEX), which was con-
ducted in the central Great Plains of the United States in 2003.
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Figure 10.35 Damage survey from 10 June 2003 superimposed on 0.5◦ radar reflectivity data (dBZ) and ground-relative
radial velocities (m s−1; cool [warm] colors are flow toward [away] from the radar) from the St. Louis (KLSX) radar at
(a) 2300, (b) 2310, and (c) 2320. In all panels, the positions of tornadic and nontornadic mesovortices are shown as
solid and dashed black lines, respectively. Couplet locations and time stamps are indicated along the mesovortex tracks.
Tornado paths are colored purple. The blue contour represents the 25 m s−1 radial velocity isopleth observed at 2.4◦ with
values greater than 30 m s−1 filled. The gray shaded regions are where wind damage was observed. The thick-dashed
line represents the approximate location of a rear-inflow jet. Thin-dashed lines are the range–azimuth grid lines for the
KLSX radar. Surface data are also plotted in (a), showing the winds, temperature, and dewpoint. The starred location is
MidAmerica Airport (MAA). The inset diagram in (a) displays storm-relative radial velocities in the area of the dashed box.
(From Atkins et al. [2005]. Courtesy of the American Meteorological Society.)
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Figure 10.36 Simulation of a bow echo, depicting radar reflectivity (dBZ) in color, along with storm-relative winds
(m s−1, green) and vertical vorticity (×10−3 s−1, black) at 2, 4, and 6 h. Data at 0.15 km and 2.5 km are shown in (a)–(c)
and (d)–(f), respectively. Locations of prominent mesovortices at 0.15 km are shown with black arrows. ‘RIJ’ indicates the
rear-inflow jet, and additional broad gray arrows indicate the circulations associated with bookend vortices. (From Atkins
and Cunningham [2006]. Courtesy of the American Meteorological Society.)
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Figure 10.37 Schematic model illustrating the origin of vortex couplets along the outflow boundary of the bow echo
studied by Wakimoto et al. [2006b]. The diagram at the bottom right represents the distortion of the vortex tube with
increasing time. Also note the similarity with Figure 10.3a. (Adapted from Wakimoto et al. [2006b].)

Other mesovortices are believed to form from the downward
tilting of vortex lines within the cold pool (Figure 10.37).
In numerical simulations, the Coriolis force also influences
the development of mesovortices in nontrivial ways, with
MCSs developing stronger cyclonic mesovortices when the
Coriolis force is included.20 Regardless of how the details
of mesovortex formation vary from one mesovortex to
another, the basic idea is that the horizontal winds within
the outflow are enhanced by the superpositioning of the
wind fields of the mesovortices and the outflow. For west-
erly outflow winds and a cyclonic mesovortex, the strongest
winds would be observed on the equatorward flank of the
mesovortex, where the two wind fields add constructively.
The presence of shallow stable layers in the environment
reduces the threat of damaging straight-line winds. Such
stable layers prevent the rear-inflow jet from reaching the
surface. Ongoing research continues to explore the roles of
ambient stratification and the variety of means by which
mesovortices may form.

10.3 Hailstorms
10.3.1 Hail formation and growth

The growth of hailstones depends on the complicated
interaction between the airflow within a deep convective

20 See Weisman and Trapp (2003) and Trapp and Weisman (2003).

cloud and precipitation particles. Hailstones primarily grow
by collection of supercooled cloud droplets and raindrops.
A few ice particles are present in the storm updraft because
of the presence of freezing nuclei; however, most of the
hydrometeors in the updraft remain as supercooled liquid
(cloud droplets and raindrops can remain unfrozen down
to temperatures as low as −40◦C). After approximately
5–10 minutes of ice crystal growth via vapor deposition,
ice crystals acquire sufficient mass to descend relative to the
supercooled cloud droplets, which freeze immediately upon
contact with the ice particles. The collection of supercooled
cloud droplets leads to the formation of nearly spherical
graupel particles (the original ice crystals that grew by way
of vapor deposition are aspherical) having diameters of a
few millimeters.

The growing ice particles become larger, fall faster
relative to the air, and consequently sweep out more
supercooled droplets because of a larger cross-sectional
area, leading to an even faster growth rate. Continued
growth due to the collection of individual droplets that
freeze on contact leads to a layer of low density ice that
looks opaque under a microscope. Once the growth rate
becomes large, the hailstone temperature may be above
0◦ owing to the increased energy transferred to the ice in
the fusion process, such that collected supercooled droplets
may not freeze immediately on contact but instead first
flow across the hailstone surface, filling in gaps within the



HAILSTORMS 307

stone between earlier freezing sites, thereby increasing the
hailstone density and forming a layer of clear ice. The hail-
stone density in such layers may ultimately approach that
of pure ice. As the hailstone continues collection growth,
its fall speed continues to increase, and the rate of growth
also continues increasing as long as the hailstone remains
in a region where supercooled liquid water content is large.

The final size that the hailstone can achieve is a function
of the liquid water concentration and the time that the
hailstone can reside in the region of high supercooled liquid
water content. The total residence time of the hailstone
in the region of large supercooled liquid water content
depends on the updraft strength and hailstone fall speed,
as well as the ability of the hailstone to make multiple
excursions through the updraft. The fall speed of an ice
hydrometeor, vt, depends on the air density, ice density,
size, shape, and smoothness via

vt =
√

4gρiD

3cdρ
, (10.20)

where ρi is the ice density (0.9 g cm−3 is a typical den-
sity), ρ is the air density, D is the diameter of the ice
hydrometeor, and cd is a dimensionless drag coefficient
that accounts for air resistance (cd is a function of the
shape and smoothness of the hydrometeor; typical values
of cd range from 0.4 to 1.0). Dozens of studies have derived
empirical relationships between fall speeds and hail size.
One such empirical relationship for ice hydrometeors hav-
ing diameters in the 0.1–8 cm range (such particles are
referred to as graupel until they reach a diameter of 0.5 cm,
at which point they are referred to as hail) and an air density
of ≈1 kg m−3 is

vt ≈ 9D0.8, (10.21)

where vt is in m s−1 and D is in cm (Figure 10.38).21

The ideal conditions for hail growth are when hailstone
fall speeds nearly match the updraft velocity when the
ice particles enter the portion of the updraft where the
supercooled liquid water concentration is large. In this
scenario, hailstones remain suspended in a region of high
liquid water content for a long period of time. The hailstones
can grow to diameters of 10 cm or larger if the updraft is
intense, and ultimately the hailstones descend when their
fall speeds exceed the updraft speed. If the fall speed of
growing ice particles is only a few m s−1 and the updraft is
especially strong (say, >35 m s−1), then the ice particles may
simply ascend rapidly through the updraft and be ejected
into the anvil, thereby missing out on the long growth
period that is possible if the ice particles can remain in the

21 See Pruppacher and Klett (1997).
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Figure 10.38 Hailstone terminal fall speed as a function
of diameter assuming vt = 9D0.8. (Particles less than
0.5 cm in diameter are referred to as graupel.)

region of high supercooled liquid water content for a longer
time period. When the updraft is tilted, hailstone fall speeds
can stay matched with the updraft speed as the hailstone
grows by having the hailstone drop progressively closer to
the updraft core where vertical motion is the strongest. If
the hailstone is ejected aloft, certain trajectories will allow
it to fall back into the updraft below it and repeat the
growth process until its fall speed finally exceeds even the
strongest updraft speeds. Hailstones experiencing repeated
vertical excursions often have alternating layers of clear and
cloudy ice owing to their residence in regions of varying
liquid water content during each trip. In summary, the
development of a hailstone from a small embryo to a giant
hailstone depends on complex interactions between the
airflow and microphysics. If the updraft is too strong when
the stone is small, it can be ejected high in the anvil. If the
updraft is too weak to hold the stone aloft as it grows, it
falls out prematurely.

The size of the hailstone that reaches the ground also
depends on the amount of melting occurring during the
hailstone descent. If the in-cloud freezing level within the
updraft is at a high elevation and hailstones fall back
through the updraft rather than being ejected from the
updraft, a significant amount of melting may occur before
the hailstone even emerges from the cloud. Less melting
occurs when hailstones fall outside of the buoyant updraft,
where hailstones are exposed to drier air and a lower melting
level. As discussed in Section 10.2.1, the lower the height
of the wet-bulb-zero level, the lower the amount of hail
melting en route to the ground. For hailstones that descend
through environmental air, the total melting decreases as
the environmental moisture decreases. Hailstones also may
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fall through downdrafts. In that case, hailstones reach the
ground faster and are therefore larger, all else being equal,
because less time is available for melting en route to the
ground.

10.3.2 Forecasting hail size

Based on the above discussion, it is apparent that pre-
dicting the size of hailstones reaching the surface requires
knowledge of many unobservable processes, at least in a
forecasting setting. All that is remotely predictable is a
rough estimate of the maximum updraft speed (based on
the environmental CAPE and shear) and the degree of
melting once a hailstone exits the cloud (based on the wet-
bulb-zero level). As noted above, even intense updrafts are
no guarantee of large hailstones because of the importance
of favorable hailstone trajectories and high supercooled
liquid water content. And even if large hailstones do form,
there is no guarantee that large hailstones will reach the
surface, owing to melting within and outside of the cloud.

CAPE and the height of the wet-bulb-zero level are
among the most popular parameters that have been used
to predict the likelihood of severe hail. Unfortunately,
observed hail size is poorly correlated with both param-
eters. The correlations are presumably so small because
of all of the complexities described in Section 10.3.1.
Furthermore, CAPE is not always a good predictor of
updraft strength; its predictive utility for the maximum

updraft speed decreases as the conditions deviate further
from parcel theory. Although CAPE and the wet-bulb-zero
height (and vertical wind shear) are individually of limited
utility for hail size forecasting, considering CAPE, wet-bulb
zero height, and wind shear together is probably the best
strategy for predicting large hail. A large CAPE–shear prod-
uct and low wet-bulb-zero height favors the largest hail.

Once a storm is detected by radar, the presence of
large hail can sometimes be inferred from observation of
a hail spike in reflectivity data, also known as a flare echo
or three-body scattering signature. The hail spike is found
along a radial, immediately behind a region of large hail
(Figure 10.39). The signature is the result of the radar
transmission being scattered by airborne large hail toward
the ground (which may be covered with hail), back to the
airborne large hail, and then finally back to the radar. The
radar’s receiver detects the backscattered power that has
taken this circuitous route and, owing to the time delay
associated with the extra path length, the radar interprets the
range of the signal incorrectly, erroneously displaying weak
echo at ranges beyond the range to the large hail but along
the same radial. The anomalous velocity data within the hail
spike signature are an additional clue that the reflectivity
signature is indeed the result of this ‘extra’ scattering. The
maximum reflectivity within a radar echo is generally not
a good indicator of hail size. On the other hand, dual-
polarimetric radar data (see the Appendix), if available, can
provide the most accurate estimates of hail size.
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Figure 10.39 An example of a flare echo (hail spike) as viewed in (a) reflectivity (dBZ) and (b) radial velocity (m s−1)
data. The data were obtained from the 2.4◦ elevation scan of the State College, PA, radar at 1956 UTC 22 July 2003.



FLASH FLOODS 309

10.4 Flash floods
Flash floods are the deadliest hazard associated with con-
vection worldwide. While tornado- and hurricane-related
deaths have decreased steadily over the last 50 years, at
least in the United States, no doubt owing to better warn-
ings and technology, flash-flood-related casualties have
not decreased comparably. The nature of the flash flood
forecasting problem is complicated by the interaction of
meteorology with hydrology. For example, a given rainfall’s
chances to produce a flash flood are substantially affected by
factors such as antecedent precipitation amounts, the size
of the drainage basin, the topography of the drainage basin,
the amount of urban use within the basin, dam failures,
etc. Although our focus is on the meteorological aspects of
flash flooding, we do not wish to imply that hydrological
aspects cannot be equally as important.

If R is the average rainfall rate and D is the duration of
the rainfall, then the total accumulation of precipitation,
P, is

P = RD; (10.22)

that is, the greatest precipitation accumulations occur
where it rains the hardest for the longest.22 In general,
rainfall duration increases with decreasing storm transla-
tion speeds and thus as mean wind speed decreases, or, in
the case of MCSs, rainfall duration is maximized when cell
motion is opposed by the propagation of the convective sys-
tem, in which case the system motion can be quasi-stationary
(Figure 10.40). This situation is most often observed when a
warm front or stationary front interacts with a low-level jet,
such that new cells are repeatedly triggered on the rear flank
of the MCS, leading to a backbuilding MCS. Convective cells
and their associated high rainfall rates can move repeatedly
over the same areas, a phenomenon known as (radar) echo
training. In these events, the low-level wind shear tends to be
roughly perpendicular to the front, and midlevel wind shear
tends to be approximately parallel to the front. In general,
leading stratiform (LS) MCSs tend to move more slowly
than parallel stratiform (PS) and trailing stratiform (TS)
MCSs, and are therefore more prone to produce extreme
rainfall accumulations. In LS MCSs the propagation (which
depends on how the gust front or synoptic front interacts
with the environmental wind shear) tends to oppose the cell
motion (approximately equal to the mean wind in the cloud
layer), or at least not have a direction that coincides with the
cell motion, whereas in TS MCSs the ground-relative prop-
agation and cell motion tend to be in the same direction
(Figure 9.8). The duration of heavy precipitation at a fixed
location also depends on the structure of the convection;

22 This relationship is sometimes known as the first law of quantitative
precipitation forecasting (QPF). The term has been attributed to C. F.
Chappell (Doswell et al. 1996).
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Figure 10.40 Schematic showing a near-cancellation
between cell motion (magenta) and propagation
(orange). The system motion (green) is very slow toward
the southeast. (Adapted from Doswell et al. [1996].)

for example, an MCS with a large stratiform precipitation
region poses a greater threat than an MCS with a small
stratiform precipitation region, all else being equal.

The instantaneous rainfall rate, R, at a particular location
is proportional to the (upward) vertical moisture flux, wrv,
where w is the vertical velocity and rv is the water vapor
mixing ratio of the rising air. Thus, for significant precip-
itation, rising air should have a large water vapor content
and a rapid ascent rate. However, not all of the water vapor
entering a cloud falls out as precipitation. The amount that
falls out depends on the precipitation efficiency—the ratio
of the measured precipitation rate at the ground to the
water vapor flux through the cloud base. In other words,
we can express the instantaneous rainfall rate as

R = Ewrv, (10.23)

where E is the precipitation efficiency.
Some investigators have found an inverse relationship

between the precipitation efficiency of observed convective
storms and the vertical wind shear of the environment
(Figure 10.41), whereas numerical simulations of storms
have suggested a somewhat more complicated relation-
ship (Figure 10.42). Only in environments of small to
moderate CAPE (<2000 J kg−1) do the precipitation effi-
ciencies of simulated storms decrease with increasing shear,
in agreement with observations. In environments hav-
ing higher CAPE, the precipitation efficiency of simulated
storms has been found to increase with increasing shear.
We are unaware of any more recent reconciliation of
these seemingly conflicting past findings. On one hand,
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Figure 10.41 Relationship between precipitation effi-
ciency and vertical wind shear derived from studies of 14
High Plains thunderstorms. (Adapted from Marwitz [1972]
and Browning [1977].)

determining the precipitation efficiency in observed storms
is somewhat error-prone because of the challenges of mea-
suring rainfall reaching the surface and the amount of water
vapor entering a cloud. On the other hand, the numeri-
cal simulations cited above utilized a simple, warm-rain
microphysics parameterization. This simple microphysics
parameterization might not be adequate for conducting
a reliable precipitation efficiency study. It is somewhat
intuitive that precipitation efficiency would decrease with
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Figure 10.42 Relationship between precipitation effi-
ciency and vertical wind shear in the numerical simulation
study conducted by Weisman and Klemp (1982). The
abscissa displays the magnitude of the 0–10 km shear,
although nearly all of the shear was located in the 0–6 km
layer. The ordinate displays water vapor mixing ratio at
the surface, as well as CAPE (the vertical temperature
profile was held constant; thus, CAPE depended only on
the surface mixing ratio).

increasing shear as shown in Figure 10.41, owing to the
fact that the entrainment of environmental air tends
to increase with increasing shear. The entrainment of
typically dry, environmental air leads to evaporation of
hydrometeors and downdraft production, both of which
reduce the amount of precipitation that reaches the sur-
face (within downdrafts, compressional warming results
in evaporation). Furthermore, in large-shear (and large-
storm-relative-wind) environments, precipitation might be
expected to fall farther from the updraft and be exposed to
more environmental air and evaporation during its descent
to the surface, further reducing the precipitation efficiency.

Strong vertical wind shear may not always be detrimen-
tal to heavy precipitation, however, even if it turns out
that shear generally does reduce precipitation efficiency.
As discussed in Chapter 8, convection tends to be better
organized and thus potentially longer lived in environ-
ments containing significant wind shear. Long-lived con-
vective storms might lead to a greater total precipitation
accumulation than might have otherwise occurred, even
though the instantaneous precipitation efficiency might not
necessarily be large. For example, slow-moving HP super-
cells are occasionally responsible for extreme rainfall and
flooding.23

As the environmental relative humidity increases, pre-
cipitation efficiency increases because the evaporation rate
decreases, even if a nontrivial amount of entrainment
occurs. Moreover, an isolated updraft is more likely to expe-
rience substantial entrainment than an updraft embedded
within a larger cloud system, since the environment of the
latter is much more nearly saturated than the environment
in the vicinity of the isolated updraft.

Although the environmental wind shear and environ-
mental relative humidity might be fairly well known from
soundings or numerical model guidance in a real-time
forecasting setting, precipitation efficiency is influenced by
other factors that are virtually impossible for a forecaster
to assess, such as microphysical processes within clouds.
For example, clouds with a large depth below the freezing
level may be more efficient heavy rain producers owing
to increased warm rain processes compared with clouds
in which a significant depth is located above the freezing
level. Cell mergers promote increased precipitation effi-
ciency, not just because of a reduction of entrainment, but
also because of the possible merging of two different drop-
size distributions, which may increase the collision and
coalescence rates within the updraft formed by the merger.

In summary, the worst flash floods resulting from DMC
tend to occur when a number of ingredients conspire to
maximize precipitation accumulations: slow storm motion
or system motion (increases D; generally associated with

23 See Smith et al. (2001).
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weak mean winds or, in the case of an MCS, cell motion that
is nearly cancelled by propagation), large low-level water
vapor concentration in the presence of strong updrafts
(increases wrv and therefore R), large environmental
relative humidity (increases E), a significant cloud depth
below the freezing level (increases E), and perhaps weak
vertical wind shear (probably increases E; weak shear
also tends to be correlated with weak mean winds). It is
probably safe to say that precipitation efficiency is high
enough in almost all episodes of DMC that it would not
be the difference-maker in terms of whether or not an
extreme rainfall event occurs. In the worst flash floods,
larger mesoscale effects are usually involved, such as cell
mergers, backbuilding convection along slow-moving or
stalled fronts, backbuilding due to lifting by a convectively

generated gravity wave,24 or topographic effects that
influence the evolution of the convection or the runoff of its
precipitation (interactions between conditionally unstable,
moist airstreams and fronts, convectively generated gravity
waves, or mountainous terrain are usually required in order
to have a near-cancellation between the cell motion and the
system propagation). All of the aforementioned sounding
and wind profile characteristics, as well as topographic
influences, were present in two of the worst flash flood
events in United States history: the 31 July 1976 Big
Thompson Canyon, CO, flood and the 9 June 1972 Black
Hills, SD, flood.25 Figure 10.43 summarizes the large-scale

24 See Schumacher and Johnson (2008).
25 See Maddox et al. (1978).
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Figure 10.43 Composite illustration of typical synoptic-scale conditions associated with severe orographic flash flood
events. The worst flooding occurs in the vicinity of the star, which also marks the location represented by the vertical wind
profile shown on the right (wind barbs are in knots). The flood-producing convection tends to be initiated downstream of
a negatively tilted, midtropospheric short-wave trough (white midlevel height contours are indicated schematically) in an
environment of weak southerly winds and divergence aloft. The short-wave trough contributes to the destabilization of
the environment and advection of midlevel moisture into the threat area. At the surface, the most prominent feature is a
large high-pressure system (the center of the high is indicated with a black letter ‘H’) downstream of a midtropospheric
ridge axis. A slow-moving or stalled front is typically found to the south, and a postfrontal band of strong, conditionally
unstable, moist easterly winds flows upslope and initiates new cells repeatedly over approximately the same area. Slow
updraft motions, nearly stationary convective system motion as a result of the new cell generation being tied to the
terrain, a moist and warm sounding, and weak vertical wind shear all contribute to the heavy precipitation accumulations.
(Adapted from Pontrelli et al. [1999].)
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conditions associated with the worst flash flood events,
including the Big Thompson Canyon and Black Hills
cases.
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