
13
Blocking of the Wind by Terrain

13.1 Factors that govern whether
air flows over or around a
terrain obstacle

In Chapter 12 we investigated phenomena that result from
air flowing over mountains. In this chapter we explore phe-
nomena that result from the blocking of winds by terrain.
Whether an air parcel approaching a mountain goes over or
around the mountain depends on the height of the parcel
relative to the height of the mountain, the slope and dimen-
sions (height and width) of the mountain, the static stability,
and the strength of the upstream horizontal winds directed
at the mountain. As the stratification increases, an air parcel
has an increasing tendency to go around rather than over
a mountain. A similar tendency is observed as the speed
at which a parcel approaches a mountain decreases, and as
the distance that must be climbed by a parcel increases.

In assessing the potential for blocking, it is tempting
to compare the kinetic energy of an upstream air parcel to
the work that must be done against the stratification to lift
the parcel over a barrier (thereby increasing the parcel’s
potential energy), where the work is proportional to the
negative area on a thermodynamic diagram acquired by
lifting a parcel in a stably stratified environment. However,
such an analysis neglects pressure perturbations, and
pressure perturbations are a leading-order influence on
the flow over a barrier, as was apparent in Chapter 12
(particularly Section 12.3). In order to include the effects
of pressure perturbations, we shall make use of a Bernoulli
equation.1 (In the treatment of downslope windstorms

1 The ensuing analysis closely follows the approach undertaken by Smith
(1990).

using hydraulic theory [Section 12.3.1], we combined the
effects of the pressure gradient force and the ascent of an
obstacle, but it is harder to combine these effects in the
case of an internally stratified fluid.)

Let us consider a streamline in steady flow that passes
over a hill or mountain like that shown in Figure 13.1.
The streamline is at a height z0 far upstream (x = −∞),
and the streamline is displaced upward to a height z =
z0 + δ in the vicinity of the barrier, where δ is the vertical
displacement. We shall assume that parcel motions are dry
adiabatic, in which case the streamlines lie within surfaces of
constant potential temperature, that is, θ = θ0 is a constant
along a streamline.

For steady flow, Bernoulli’s equation can be written as
[cf. (2.146)]

π + u2

2cpθ0
+ gz

cpθ0
= constant (13.1)

along a streamline, where π = (p/p0)R/cp is the Exner
function (nondimensional pressure) and cp is the specific
heat at constant pressure, hereafter assumed to be a constant
(the contribution of water vapor to cp will be neglected).

Far upstream at x = −∞, Bernoulli’s equation is

π0 + u2
0

2cpθ0
+ gz0

cpθ0
= constant, (13.2)

where π0 and u0 are, respectively, the nondimensional
pressure and component of the wind perpendicular to
the barrier far upstream where the streamline is at height
z0. If we define π ′ = π(z) − π(z) to be the difference
between the nondimensional pressure at some height z on
a streamline, π(z), and the nondimensional pressure at a
point at the same elevation far upstream, π(z), then (13.1)
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Figure 13.1 A schematic illustration of streamlines (blue; coincident with isentropes for inviscid, dry adiabatic motion),
passing over a mountain, along which the Bernoulli equation applies. The relationships among u0, π0, z0, z, and θ0 are
indicated along the lowest streamline; δ is indicated for all of the streamlines at the location of the black dot (d is the
height over which positive displacements exist above the location of the black dot). The dashed magenta line indicates
the upwind phase tilt, which gives rise to large positive values of Iδ on the windward slope. (Adapted from Smith [1990].)

and (13.2) can be combined and written as

π ′ + π + u2

2cpθ0
+ gz

cpθ0
= π0 + u2

0

2cpθ0
+ gz0

cpθ0
. (13.3)

Because −ρ−1 ∂p/∂z = −cpθ ∂π/∂z, for hydrostatic
upstream conditions,

π(z) = π0 − g

cp

∫ z

z0

dz

θ
, (13.4)

where θ(z) is the upstream potential temperature profile.
Assuming that the upstream stratification is independent
of height, then

θ(z) = θ0 + ∂θ

∂z
(z − z0) = θ0

(
1 + N2δ

g

)
, (13.5)

where δ = z − z0, and N2 = g
θ0

∂θ
∂z is the upstream

Brunt-Väisälä frequency at z0. Substituting (13.5) into

(13.4) and assuming
(

1 + N2δ
g

)−1 ≈ 1 − N2δ
g gives

π(z) = π0 − gδ

cpθ0
+ N2δ2

2cpθ0
, (13.6)

and substitution of (13.6) into (13.3) leads to

u2 = u2
0 − 2cpθ0π

′ − N2δ2. (13.7)

If π ′ = 0, then

u2 = u2
0 − N2δ2, (13.8)

which indicates that air slows down as it ascends a moun-
tain (i.e., u decreases as δ increases) in stably stratified
conditions. Equation (13.8) predicts that an air parcel can
rise no more than

δmax = u0

N
(13.9)

without stagnating, that is, having u → 0. Air flowing along
the surface will not be able to pass over terrain taller than
u0/N, regardless of the shape of the terrain. The dividing
streamline is the streamline that separates flow passing
around the sides of the obstacle from flow passing over the
obstacle.

Equations (13.8) and (13.9) are the basis for the popular
forecasting criterion for blocking in terms of the mountain
Froude number, Frm = u0/Nhm, where hm is the height
of the mountain (recall from Chapter 12 that Nhm/u0 is
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sometimes called the nondimensional mountain height)
and Frm < 1 implies that at least some depth of the flow
will be blocked by the terrain. But there is more to the
blocking problem than the value of Frm, as we shall see
below. For example, (13.8) predicts that the minimum
wind speeds will be at the mountain crest. On the contrary,
air parcels generally do not simply slow down as they
ascend a mountain. The slowest winds are often observed
roughly halfway up the windward slope. At the crest, the
wind is often the same speed as the wind far upstream at
the same height. Furthermore, observations and numerical
simulations reveal that both the slope and the aspect ratio
of a mountain (the crosswise dimension divided by the
streamwise dimension) affect the tendency for blocking,
with blocking being more likely for a given upstream wind
speed and stratification as the slope and aspect ratio of the
terrain increase.

The discrepancies between the implications of (13.8)
and actual observations and numerical simulations of wind
accelerations in the vicinity of a terrain barrier are a result
of pressure perturbations. Pressure perturbations are not
only important, but sometimes play a dominant role in the
acceleration of air parcels approaching a barrier. Our next
step is to develop an expression for u that does not assume
π ′ = 0 as was done in obtaining (13.8).

If the mountain or hill is not too steeply sloped, then
dw/dt is sufficiently small that the pressure perturbation
can be obtained by integrating the hydrostatic equation.
This leads to

π ′ = − g

cp

∫ ∞

z

θ ′

θ2
0

dz = N2

cpθ0

∫ ∞

z
δ dz, (13.10)

where θ ′ = θ0 − θ(z) is the potential temperature pertur-
bation, which is proportional to the displacement δ(x, y, z),
and π ′ = π ′

h is the nondimensional hydrostatic pressure
perturbation.2 The obvious challenge in using (13.10) with
(13.7) is that (13.10) involves an integration over some
depth (the lower limit of integration varies as the height
of the streamline changes), whereas (13.7) is valid along
a streamline. We shall attempt to get around this prob-
lem by expressing δ in terms of (x,y,z0), where z0(θ) is
the upstream height of each potential temperature surface.
Because z = z0 + δ, then dz = dz0 + dδ, which allows us

2 Recall from Section 2.5 that the hydrostatic pressure perturbation, p′
h, is

obtained by integrating (2.123). In order to obtain the nondimensional
hydrostatic pressure perturbation, one uses the vertical momentum
equation in terms of the vertical gradient of nondimensional pressure
perturbation and buoyancy, where, neglecting the contribution of water

vapor and hydrometeors to the density of air, dw
dt = −cpθ

∂π ′
∂z + g θ ′

θ
.

By letting dw/dt = 0, one obtains ∂π ′
h/∂z = gθ ′/cpθθ = gθ ′/cpθθ0 ≈

gθ ′/cpθ
2
0 , which is integrated to yield (13.10).

to write (13.10) as

π ′ = N2

cpθ0

(∫ ∞

z0

δ dz0 +
∫ 0

δ

δ dδ

)
, (13.11)

where we have assumed that δ → 0 as z0 → ∞ (in the case
of vertically propagating gravity waves, δ can be significant
high above the underlying terrain).

If we define Iδ to be the integral of the displacement,
that is,

Iδ =
∫ ∞

z0

δ dz0, (13.12)

then (13.11) can be written as

π ′ = N2

cpθ0

(
Iδ − δ2

2

)
(13.13)

and (13.7) becomes

u2 = u2
0 − 2N2Iδ. (13.14)

Equation (13.14) is a diagnostic expression relating the
wind speed to the vertical displacement field, which not
only can be used to assess low-level blocking, but can also
be applied to streamlines far above the ground in order
to predict stagnation aloft, which leads to gravity wave
breaking. The wind speed is controlled by the integral of
the vertical displacements above a point, Iδ , rather than the
local displacement δ (note that the displacement field tilts
upstream with height; Figure 13.1). Note that Iδ depends
on the structure of the overlying topographically generated
gravity waves (e.g., the tilt of the phase lines and how their
amplitude varies with height). An upstream tilting of phase
lines with height (e.g., Figure 13.1) shifts the maximum
in Iδ (and therefore π ′) away from the mountain crest,
down the windward slope, leading to an upslope-directed
pressure gradient force along at least part of the windward
slope. In this situation, the slowest wind speeds are found
on the windward slope rather than at the mountain crest.

The greater the integrated upward displacements, the
greater the negative buoyancy in the overlying column, and
the greater the resulting (hydrostatic) pressure perturba-
tion. Stagnation (i.e., u = 0) occurs where

Iδ = u2
0

2N2
. (13.15)

At a given height, the slowest flow occurs where there is a
local maximum of Iδ(x, y, z0). At such a maximum,

∂Iδ
∂z0

= ∂

∂z0

∫ ∞

z0

δ dz0 = 0; (13.16)

therefore, δ = 0 where wind speed is a minimum.



346 BLOCKING OF THE WIND BY TERRAIN

One must estimate Iδ in order to predict the critical
height of a mountain such that the approaching flow
will be blocked. This is no easy task, and in the event
of steep terrain and nontrivial nonhydrostatic pressure
perturbations the prediction of the wind speed along a
streamline is further complicated. Figure 13.2 displays
predictions for the onset of flow stagnation, based on
calculations of Iδ derived from linear theory, as a function of
the nondimensional mountain height and aspect ratio of the
mountain. As mentioned earlier and as one would probably
guess, the tendency for blocking increases as the aspect
ratio of the terrain increases for a given nondimensional
mountain height (i.e., terrain that is much wider in the
crosswise direction than in the streamwise direction is
more likely to block the oncoming air). Another interesting
observation from Figure 13.2 is that stagnation begins when
the nondimensional mountain height attains a value of ∼1
for mountains having a large aspect ratio; therefore, for
these terrain geometries, the mountain Froude number
criterion for blocking (such that blocking is favored when
Frm < 1) turns out to be a reasonably good predictor
of blocking. In practice, Frm usually is computed using
the upstream wind at the surface and by averaging N
over the depth of the mountain. Ambiguity often exists
in determining what velocity u to use (terrain-induced

3

2

1

0
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Figure 13.2 The nondimensional mountain height
Nhm/u0 at which (13.15) is met, that is, where stagnation
begins, as a function of the aspect ratio of the mountain
r (crosswise dimension divided by streamwise dimension)
for an air parcel moving along the surface. For a partic-
ular r, one can consider higher and higher mountains by
moving upward on the diagram until the stagnation curve
is reached. The stagnation curve was estimated based
on linear theory calculations of Iδ . (Adapted from Smith
[1990].)

pressure perturbations can influence u well ahead of the
crest of a mountain; it is sometimes unclear how far
upstream one should look to obtain the appropriate value
of u) and whether to use the moist Brunt-Väisälä frequency
(air often adiabatically cools to its saturation temperature
as it ascends a terrain barrier), Nm, given by (3.9), instead
of N, where Nm < N.

A second nondimensional number, known as the Burger
number, also is used to assess blocking potential. The Burger
number is defined as Bu = Ro/Frm = Nhm/Lmf , where
Lm is the half-width of the mountain in the streamwise
direction, f is the Coriolis parameter, and hm/Lm is the
slope of the terrain. Thus, the Burger number considers the
effects of both the steepness of the terrain [if the terrain
is steeply sloped, pressure perturbations might not be well
predicted by (13.10)] and the effects of rotation (also not
considered above). Blocking can occur when Bu > 1, even
if Frm > 1; such barriers are said to be hydrodynamically
steep. In such situations, the ascent forced by the steep
terrain results in a strong adverse pressure gradient force.

13.2 Orographically trapped cold-air
surges

Phenomena known generically as orographically trapped
cold-air surges occur when low-level winds are blocked by
a quasi-two-dimensional topographic barrier. The winds
are deflected and tend to blow along the barrier toward
lower pressures, being trapped by the terrain to the right
(left), with respect to the deflected wind direction, in the
northern (southern) hemisphere. Such surges are common
on the west coast of North America, east of the front ranges
of the Rocky Mountains and Appalachian Mountains in
the western and eastern United States, respectively, along
the coast of South Africa, southeastern Australia (where
they are referred to as southerly busters or bursters), and
west of the Andes Mountains in Chile. It is probably
safe to assume that orographically trapped surges occur
near most terrain barriers worldwide. In some cases, the
temperature gradient associated with the leading portion of
orographically trapped surges is so strong that the surges are
effectively trapped density currents. It has been proposed
that orographically trapped surges can be explained using
trapped Kelvin wave3 dynamics, but, in many if not most
cases, surges seem to occur without evidence of a wave-like
disturbance propagating through the pressure and wind
fields adjacent to the barrier.

3 A Kelvin wave is a gravity wave trapped by a horizontal boundary
(or the equator). The winds and wave propagation are parallel to the
boundary.
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When such surges occur along coastlines, in locations
where there are mountain ranges near the coast, the surges
are often referred to as coastal surges. In the western United
States, coastal surges are most common in the warm season
and are associated with an abrupt shift in wind from
northerly to southerly, rapid decreases in temperature
(as much as 10◦C or more), increases in pressure, and a
transition from cloud-free to low overcast sky conditions
(e.g., Figure 13.3). In the eastern United States, northerly
surges of cold air down the east side of the Appalachian
Mountains are commonly observed in winter on the south
side of a surface anticyclone, where winds having an easterly
geostrophic wind component are directed from offshore
toward the mountains, and are blocked and deflected
southward by the mountains. This type of orographically
trapped cold-air surge is locally referred to as cold-air
damming (Figures 13.4–13.6). Cold-air damming occurs
in virtually every significant East Coast freezing and frozen
precipitation event. Ageostrophic cold advection and
hydrostatic pressure rises associated with the damming
offset geostrophic warm advection and pressure falls in
advance of extratropical cyclones approaching from the
west or southwest. Secondary cyclogenesis along the coast
is partly related to the inability of cyclones to be maintained
as they pass over the low-level, stable, dammed air mass.

In most cases of orographically trapped cold-air surges,
the low-level atmosphere satisfies

hm >
u

N
→ Frm < 1, (13.17)

where u is the barrier-normal wind component at the
surface upstream of the barrier and N is the average Brunt-
Väisälä frequency over the depth of the barrier. For cases
in which the flow is blocked over a significant depth, Frm

is significantly less than unity (Frm is often in the range of
0.1–0.5 in trapped surge events).

It is apparent from (13.17) that orographically trapped
surges are favored in strongly stratified environments,
which is why the phenomena most often involve rela-
tively cold low-level air masses. The presence of clouds on
the upwind side of the mountains, especially those that
precipitate into a dry boundary layer, further enhances
the potential for trapping or damming. In some cases
Frm is initially marginal or unsupportive of trapping or
damming, but the evaporation of precipitation almost by
itself increases the low-level static stability and decreases
Frm. These ‘bootstrap’ cases are sometimes referred to as
diabatic damming cases, in contrast to dynamic damming
cases in which small Frm is present owing to the prevailing
large-scale conditions (i.e., cases in which evaporation and
subsequent diabatic cooling are not necessary in order for
damming to occur).

In the case of low-level air approaching a mountain
barrier from the west (east), winds are deflected poleward
(equatorward), resulting in a large poleward (equatorward)
ageostrophic wind component west (east) of the barrier.
A ridge of high pressure builds poleward (equatorward)
as a hydrostatic consequence of the trapped cold air mass.
The width of the pressure ridge attributable to the trapped
cold air mass is well approximated by the Rossby radius of
deformation,

LR = Nh

f
, (13.18)

where f is the Coriolis parameter, h is the scale height of
the flow that is perturbed by the terrain, and N should be
representative of the average static stability over h. When
Frm < 1, an appropriate scale height is h = hI = u/N,
where hI is known as the inertial height scale or gravity
height scale. In this case, (13.18) becomes

LR = u

f
= LRmFrm, (13.19)

where LRm = Nhm/f is sometimes called the mountain
Rossby radius.4

In the case of an abrupt change of air mass in the vertical,
such as in the case of a layer of warm subsiding air overlying
a cool marine layer, with the two air masses being separated
by a strong inversion (as is observed in many coastal surge
events), conditions approach a two-layer fluid system and
(13.18) can be well approximated as

LR =
√

g′H
f

, (13.20)

where g′ = g�θ/θ is sometimes called the reduced gravity,
H is the depth of the lower (relatively cold) layer, θ is
the mean potential temperature of the lower layer, and
�θ is the potential temperature jump across the inversion
separating the two layers. For f = 10−4 s−1, H = 1 km,
�θ = 5 K, and θ = 290 K, (13.20) yields LR = 130 km.

Regarding the deflection of air, without loss of general-
ity, consider a low-level parcel of air moving approximately
westward toward a north–south-oriented mountain range
(Figure 13.7), as might be the case in an episode of cold-air
damming east of the Appalachian Mountains when an anti-
cyclone is positioned to the north of the parcel. Far upstream
of the mountains, the parcel experiences no net acceleration
owing to a balance among the pressure gradient, Coriolis,

4 In the case of Frm > 1, the appropriate scale height h is the moun-
tain height hm; thus, LR = Nhm/f = LRm. The dimensionless quantity
u/fLRm is sometimes called the mountain Rossby number. See Overland
and Bond (1995).
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Figure 13.3 Sea-level pressure analyses and surface winds depicting a northward propagating coastal surge along the
West Coast of the United States on 16–17 May 1985. Isobars are contoured every 2 mb (the leading ‘10’ is omitted) with
solid lines; an intermediate isobar is drawn as a thin dashed line in the 1200 UTC 16 May analysis. The bold dashed line in
each panel indicates the northern boundary of stratus clouds based on satellite imagery. Wind barbs are in knots. (Adapted
from Mass and Albright [1987].)
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Figure 13.4 Cold-air damming example along the Appalachian Mountains during the period 21–23 March 1985. Black
contours are altimeter settings in mb (2 mb intervals), red contours are surface potential temperatures in ◦C (2◦C intervals),
and station models display temperature (◦C), dewpoint (◦C), sea-level pressure (tenths of mb; the leading ‘10’ and decimal
are omitted), and wind barbs (knots). The pressure ridge extends almost to the coast, which is approximately a distance of
one Rossby radius from the mountain crest. (Adapted from Bell and Bosart [1988].)
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Figure 13.6 Visible satellite image showing a dramatic
example of cold-air damming at 2015 UTC 18 April 2003,
in which the cold-air mass was advancing southward as a
trapped density current. Isotherms (◦F) are overlaid.

and friction forces. Once the parcel reaches the mountain
slope and begins ascending, the parcel begins decelerating
as a result of the effects described in Section 13.1. The
deceleration of the parcel is associated with a weakening
of the northward-directed Coriolis force, resulting in a

v
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Figure 13.7 Force diagrams for an air parcel approach-
ing a northern hemisphere mountain range in a situation
with Frm < 1. Far away from the mountain range, a bal-
ance exists among the pressure gradient, Coriolis, and
friction forces. If the atmosphere is stably stratified, the
parcel decelerates as it nears and ascends the moun-
tain range. If the pressure gradient force is the same
near the mountain range as it is a large distance from
the mountains, then the upstream balance among the
pressure gradient, Coriolis, and friction forces cannot be
maintained as higher terrain is encountered. The par-
cel experiences a net acceleration in the direction of
the pressure gradient force (toward the south). Also see
Figure 13.8.

southward deflection (to the left of the parcel’s initial
motion) by the large-scale pressure gradient force. Once
air has been diverted southward, the Coriolis force keeps
the cold air trapped against the mountains (Figure 13.8).
Farther upstream within the cold-air mass, but close to
the mountains, where northerly winds are approximately
steady and blowing roughly along the elevation contours,
the pressure gradient force is directed downslope and is
in approximate balance with the upslope-pointing Coriolis
force and friction (Figure 13.8).

In many cold-air surge cases, the deflection of air by the
terrain produces a barrier jet on the upslope side of the bar-
rier. Barrier jets can attain wind speeds of 15–30 m s−1 and
are usually centered at an altitude roughly half the height of
the mountain crest (Figure 13.9). In addition to being seen
in cases of cold-air damming east of the Appalachian Moun-
tains in the eastern United States, barrier jets have been
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Figure 13.8 Schematic illustration of the damming of
cold air against a mountain range in the northern hemi-
sphere. Within the leading portion of the cold-air surge,
an along-mountain pressure gradient force is present, the
Coriolis force points (upslope) to the right of a parcel’s
velocity (v), and the net force traps air parcels against
the terrain. Farther upstream within the cold-air mass,
the pressure gradient force is directed downslope and is
in approximate balance with the upslope-pointing Coriolis
force.

observed along the Sierra Nevada in California, the Brooks
Range in Alaska, the southern coast of Alaska (Figure 13.10),
and the Transantarctic Mountains and Antarctic Peninsula
in Antarctica. It can be shown that the approximate scale
of the velocity increase in the direction parallel to the coast
or mountain range is �v ≈ N2h2

I /fLRm = u2/fLRm, where
v is the coast- or mountain-parallel wind component.5 The
strongest barrier jets are therefore observed when there is a
strong mountain-normal wind and small mountain Rossby
radius, and thus small N and hm, but not so small (nor u
so large) that Frm exceeds unity.

13.3 Lee vortices
Counter-rotating vortices are commonly observed in the
lee of an isolated terrain obstacle when the flow is strongly
stratified and forced to pass around the obstacle. On some
occasions a single pair of oppositely signed vertical vor-
ticity extrema is observed in the wake of the obstacle

5 See Overland and Bond (1995).

(Figure 13.11), whereas on other occasions a long series
of alternating cyclonic and anticyclonic vortices—a von
Karman vortex street —extends downwind of the obstacle
(Figure 13.12). Wake vortices can form from fundamentally
different dynamical processes, depending on the mountain
Froude number. The time and space scales of wake vortices
are relatively small (hours and 10–100 km, respectively);
thus, the rotation of the Earth does not play a major role in
their development.

Though it is tempting to presume that all wake vortices
form as a result of the separation of a viscous boundary
layer from an obstacle, numerical simulations in which a
free-slip lower boundary condition (i.e., no surface drag)
is employed also contain wake vortices (e.g., Figure 13.11),
despite viscous stress being entirely absent at the lower
boundary.6 These simulated vortices actually decrease in
intensity when surface friction is added. This variety of
wake vortices, at least in numerical simulations, is confined
to a range of Frm between 0.1 and 0.5. This range of Frm is
fairly typical of cases in which wake vortices are observed
in the real atmosphere.

In the case of wake vortices that form as a result of a
purely inviscid mechanism, baroclinic vorticity generation
is key; these wake vortices form even when there is no vor-
ticity, either horizontal or vertical, in the upstream flow.
On the upwind side of an obstacle, upsloping winds cause
isentropes to bulge upward, resulting in a region of negative
buoyancy, horizontal buoyancy gradients, and generation
of horizontal vorticity (vortex rings encircle the buoyancy
minimum). Horizontal advection of vorticity displaces the
vortex rings downwind from the buoyancy minimum. (In
the absence of horizontal advection of vorticity, the vortex
rings would be collocated with the buoyancy contours,
although this limiting case cannot actually be achieved
here because the negative buoyancy is a direct result of
a horizontal airstream ascending the obstacle in a sta-
ble atmosphere.) Furthermore, isentropes are depressed in
the wake of the obstacle, leading to a region of positive
buoyancy immediately downstream of the obstacle. The
horizontal buoyancy gradients associated with the buoy-
ancy maximum generate vortex rings having the opposite
sense of rotation as the vortex rings generated upwind
as a result of the buoyancy minimum. Like the upwind-
generated vortex rings, these vortex rings are also shifted
downwind of the warm anomaly owing to horizontal advec-
tion. Negative vertical velocities are found downwind of
the obstacle, and the interaction of the baroclinically gen-
erated vortex rings with the horizontal gradients of vertical
velocity on the immediate downstream side of the obsta-
cle produce vertical vorticity by way of tilting. A pair of

6 See Smolarkiewicz and Rotunno (1989, 1990).
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counter-rotating vortices straddles the minimum vertical
velocity immediately downstream of the obstacle.7

It is admittedly difficult to conceptualize the dynamics
described above. Perhaps the easiest way is by consideration
of Ertel’s potential vorticity conservation (Section 2.4.5),
which was also used in Section 8.4 to provide an
alternative perspective on mesocyclogenesis in supercell

7 The interaction of stratified flow with the obstacle results in gravity
waves, which were discussed in Chapter 12. When the gravity waves
are generated by an isolated obstacle, the downstream vertical velocity
pattern has a herringbone structure (Section 12.2), which also is evident
in Figure 13.13. Thus, the wake vortices described herein can also be
viewed as the result of three-dimensional gravity wave dynamics. Gravity
wave breaking and the overturning of isentropic surfaces have also been
found in numerical simulations to contribute to regions of large vertical
vorticity in the wake of obstacles (see, e.g., Crook et al. 1990). Even in
these more complicated situations, however, the baroclinic generation of
horizontal vorticity, followed by tilting via the vertical velocity gradients
in the wake of the obstacle, remains as the fundamental process by which
vertical vorticity is generated in the first place.

thunderstorms. From Ertel’s theorem, an inviscid,
adiabatic fluid conserves its potential vorticity, that is,

d

dt

(
ω · ∇θ

ρ

)
= 0, (13.21)

where the Coriolis force has been neglected and ω · ∇θ = 0
upstream of the obstacle; therefore, potential vorticity
must remain zero at all times along parcel trajectories.
For adiabatic motion, this implies that vortex lines must
lie in isentropic surfaces. Furthermore, for steady flow
around the obstacle, streamlines and trajectories are iden-
tical and the difficult issue of displaying a complicated
three-dimensional flow is made a little easier in that we
can look at a two-dimensional analysis of the wind on
isentropic surfaces. For example, see Figure 13.13. Verti-
cal vorticity is implied where vortex lines cross contours
of isentrope displacement height. For a given strength of
vorticity along a vortex line, vertical vorticity is largest
in magnitude where a vortex line crosses closely spaced
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Figure 13.10 Synthetic aperture radar imagery of an easterly barrier jet (peak winds are well in excess of 25 m s−1)
resulting from the deflection of southerly winds approaching the southern coast of Alaska. Courtesy of Nathaniel Winstead.
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Figure 13.11 Example of a pair of counter-rotating
vortices in the wake of an isolated mountain peak in
a numerical simulation. Streamlines along the ground
are shown (the lower boundary is free-slip), and the
concentric brown shaded contours in the center of the
domain represent the height of the mountain with a
contour interval of 0.25 hm, where hm is the height of
the mountain. The axes are nondimensionalized by Lm,
the radius of the mountain. The mountain Froude number
Frm is 0.22. (Adapted from Smolarkiewicz and Rotunno
[1989].)
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Figure 13.13 Vortex lines on the isentropic surface of
undisturbed height for the numerical simulation shown in
Figure 13.11. The shaded regions show the displacement
field of the isentropic surface (warm shades indicate
downward displacements of −3.33, −6.66, −10, and
−13.33 × 10−5hm, where hm is the mountain height; cold
shades indicate upward displacements of 3.33, 5.00, and
6.66 × 10−5hm). The axes are nondimensionalized by Lm,
the radius of the mountain. (Adapted from Smolarkiewicz
and Rotunno [1989].)

(a) (b)

Figure 13.12 Moderate Resolution Imaging Spectroradiometer (MODIS) satellite imagery of von Karman vortex streets in
a strongly stratified atmosphere downwind of (a) the Revillagigedo Archipelago in the north Pacific Ocean (13 May 2004)
and (b) Heard Island in the south Indian Ocean (30 September 2004). Images courtesy of the MODIS Rapid Response
Project at the National Aeronautics and Space Administration (NASA) Goddard Space Flight Center (GSFC).
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contours of isentrope displacement height at a large angle
(we cannot infer the strength of the vorticity along the
vortex lines in Figure 13.13, but vortex lines cross dis-
placement height contours at significant angles in the
wake of the obstacle). The sign of the vertical vorticity
is given by whether the vortex line points up or down
the isentropic surface. Note that the general pattern of the
vortex lines in Figure 13.13 is that the vortex lines form
rings with shapes that roughly match the shape of the
upwind displacement field (and are shifted downstream by
a dimensionless distance of roughly 2–3 Lm in this par-
ticular simulation, where Lm is the radius of the obstacle),
which corresponds to the buoyancy field on a horizontal
surface. Again, the pattern of the horizontal projection of
vortex lines is due to the combined effects of baroclinic gen-
eration by buoyancy gradients plus horizontal advection. A
three-dimensional perspective of wind vectors, vortex lines,
and temperature anomalies is presented in Figure 13.14.

Some caution should be used in applying Ertel’s theorem
to the problem of wake vortices, since Ertel’s theorem

assumes inviscid flow.8 An initially inviscid flow may
undergo a transition into a dissipative regime if wave
breaking occurs. Potential vorticity is not conserved in
such dissipative regimes, and in fact (nonzero) poten-
tial vorticity zones, called potential vorticity banners, are
typically found in the wakes of obstacles. This complica-
tion notwithstanding, surface friction is unnecessary for the
formation of wake vortices.

In idealized numerical simulations of wake vortices
resulting from the baroclinic effects described above, the
width of the vortices and the distance between the obstacle
and the vortices decrease as Frm increases within the range
of 0.1–0.5. The intensity and depth of the vortices does
not vary appreciably within this range of Frm. The shedding
of vortices, like that evident in Figure 13.12, can occur if
there is asymmetry in the shape of the obstacle, such as an
isolated elliptical obstacle that is turned at a slight angle
to the mean flow. Vortex shedding can also occur from

8 See Smith (1989) and Schar and Smith (1993a, 1993b).

Figure 13.14 Numerical simulation of the flow of a stratified layer past a three-dimensional obstacle. The isosurface of
potential temperature with an initial undisturbed height of 0.8 times the initial depth of the stratified layer is shown.
Coloring of the isosurface indicates buoyancy (or equivalently vertical displacement), with red colors representing positive
buoyancy (downward displacement) and blue colors negative (upward displacement). The thin purple and red tubes show
selected vortex lines running approximately tangent to the isosurface. The direction of the vortex lines is such that the
red tubes circle in the clockwise direction as viewed from above, while the purple tubes circle counterclockwise. Note that
this implies positive vertical vorticity on the right-hand side of the wake (as viewed from upstream) and negative vertical
vorticity on the left-hand side. Vectors show the total velocity at the surface of the terrain. The figure has been stretched
by a factor of 12 in the vertical for ease of visual interpretation. (From Epifanio and Rotunno [2005]. Courtesy of the
American Meteorological Society.)
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a symmetric obstacle if the oncoming flow is horizontally
non-uniform or if the Coriolis force is included.

For Frm outside of the range of 0.1–0.5, wake vortices
are not observed to form as a result of purely inviscid
processes, at least not in numerical simulations. When
wake vortices are observed outside of this range of Frm,
it is likely that the separation of the viscous boundary
layer from the obstacle has played the dominant role in
their formation. Our emphasis has been on the inviscid
baroclinic mechanism because wake vortices are usually
observed in an environment characterized by low Frm.

The baroclinic vorticity generation mechanism is
believed to be responsible for the formation of a number
of well known mesoscale eddies in the United States.

Examples include the Santa Cruz eddy over the Monterey
Bay (California) (Figure 13.15) and the Denver Cyclone
(Colorado) (Figure 13.16). In the case of the Denver
Cyclone, the west–east ridge known as the Palmer Divide is
the source of baroclinic vorticity generation (Figure 13.17).
The Palmer Divide extends eastward onto the plains
from the approximately north–south-oriented Rocky
Mountains. The Denver Cyclone forms in regimes of
southerly to southeasterly low-level flow and low mountain
Froude number. Only a cyclonic vortex is generated
because the obstacle is ‘one sided’ in the sense that the
Palmer divide connects with higher, north–south-oriented
terrain to the west. Narrow shear zones are also commonly
found to arise within the Denver Cyclone, and these shear

Figure 13.15 GOES-10 visible satellite images (1 km resolution) of San Francisco Bay and Monterey Bay, showing several
examples of cyclonically rotating stratus clouds associated with Santa Cruz eddies: (a) 2300 UTC (1600 PDT) 24 Jul 2000;
(b) 1700 UTC (1000 PDT) 15 Aug 2000; (c) 2246 UTC (1546 PDT) 25 Aug 2000; (d) 1600 UTC (0900 PDT) 18 Apr 2001.
(From Archer and Jacobson [2005]. Courtesy of the American Meteorological Society.)
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Figure 13.17 The terrain of eastern Colorado (contour
interval 150 m).

zones seem to be the vorticity source of nonmesocyclonic
tornadoes that frequently develop in the vicinity of the
Denver Cyclone (Section 10.2).

13.4 Gap flows
When winds approach a terrain barrier that contains a gap,
anomalously high wind speeds can be observed as air is
forced through the gap. Such gap flows are associated with
along-gap pressure gradient forces, the origins of which are
most commonly the larger-scale flow regime. Even when
the large-scale wind field is fairly stagnant (implying a weak
large-scale pressure gradient force), however, gap flows can
arise from significant low-level temperature differences in
the air masses on each side of the barrier. Gap flows perhaps
most often occur in conjunction with cold-air surges, when
significant cross-barrier temperature differences and cross-
barrier winds may both be present. Gap flows have been

well documented in the Columbia River Gorge and the
Strait of Juan de Fuca in the northwestern United States
(Figure 13.18), the Howe Sound and Dixon Entrance in
British Columbia (Figure 13.19), between the Aleutian
Islands and within the Shelikof Strait of Alaska, the Strait
of Gibraltar between Spain and Morocco, the Chivela
Pass of Mexico (Figure 13.20), and the Cook Strait of
New Zealand. In the case of corridors of enhanced wind
observed between islands, the relatively fast gap winds are
mainly a consequence of winds on either side of the gap
being slowed by the enhanced surface drag of the upstream
terrain compared with the water. In this section the focus
is on gap wind accelerations.

In the case of a long narrow gap, the cross-gap Rossby
number, Ul/fL2 (where U is the along-gap wind speed,
f is the Coriolis parameter, and l and L are the cross-
and along-gap length scales, respectively), is usually much
less than unity, implying a nearly geostrophic balance in
the cross-gap direction. In the along-gap direction there
is a three-way ageostrophic ‘balance’ among the accel-
eration, pressure gradient force, and drag forces owing
to surface friction and entrainment atop the gap flow,
although there is usually a point within a long gap at
which antitriptic balance between the drag and pressure
gradient forces is attained in the along-gap direction. The
strength of the gap flow increases with the strength of the
along-gap pressure gradient force. In strong gap flow cases,
winds can easily exceed 25 m s−1 with accompanying pres-
sure differentials of 5 mb or more from the gap entrance
to exit.

In general, the fastest winds are not observed within the
gap, as one might anticipate based on the Venturi effect,
from which we would expect that the fastest flow would
occur where the terrain constriction is greatest (i.e., the
lowest pressure is typically not observed in the gap, but
instead an along-gap pressure gradient typically exists over
the length of the gap). Instead, in the most intense examples
of gap winds, the fastest winds are found in the gap exit
regions (Figures 13.21b, 13.21c and 13.22b, c). As stated
above, typically cooler air is present on one side of the gap,
with warmer air on the other side, and an inversion is often
present at a height below the crest of the terrain barrier so
that the cold air is forced through the gap rather than simply
passing over the barrier. The mountain Froude number of
the upstream flow tends to be less than unity, although
when Frm becomes much less than unity the fastest along-
gap winds are found near the center of the gap, or perhaps
are even slightly shifted toward the entrance region of the
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Figure 13.18 Surface analysis from 1700 UTC 9 Dec 1995 during a gap flow event in the Strait of Juan de Fuca. Flight-level
data from the NOAA P-3 aircraft are plotted every 2 min between 1658 and 1718 UTC. The aircraft was situated at three
different altitudes above MSL denoted by the boxed numbers; the flight track is indicated by the white dashed line. The
contour interval for sea level pressure is 2 mb (the leading ‘10’ is dropped). (Adapted from Colle and Mass [2000].)

gap (Figures 13.21d and 13.22d). As one might expect, for
large Frm (i.e., >1), there is almost no enhancement of the
gap winds (Figures 13.21a and 13.22a).

The fact that the winds typically do not attain their
maximum speed within the gap itself implies that the flow
through the gap cannot be strictly horizontal. On the con-
trary, air parcels above the surface but below the crest of the

terrain barrier typically descend as they pass through a gap.
The relationship between vertical motion and gap winds
is evident from the potential temperature contours in the
vertical cross-sections shown in Figure 13.23 (for motions
that are steady, inviscid, and dry adiabatic, the isentropes in
the vertical cross-sections are also streamlines). The vertical
motion field is the result of gravity waves generated by the
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Figure 13.19 Gap winds observed by synthetic aperture radar in the Dixon Entrance between Graham Island, British
Columbia, and Prince of Wales Island, Alaska. Image courtesy of Nathaniel Winstead.

barrier; that is, gravity waves are ultimately responsible for
the shift of the region of maximum low-level horizontal
wind speed to the exit region of the gap. Vertical momen-
tum transport associated with gravity wave breaking plays
an important role in the formation of the strongest gap
winds. In the case of very small Frm, vertical motions are
suppressed and the maximum low-level winds occur nearer
to the location of greatest flow constriction within the gap
(e.g., Figure 13.23d; in Figure 13.23d the fastest winds are
actually shifted slightly toward the gap entrance region).

The fact that faster gap winds can be obtained when air
descends as it flows through the gap is also easily demon-
strated via the Bernoulli equation for steady compressible
flow [refer to Section 2.5 and Equation (2.146)],

v2

2
+ cpT + gz = constant, (13.22)

where v is the wind speed, T is absolute temperature,
and the lhs is conserved along a trajectory in the absence
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(a)

1800 UTC 13 March 1993

(b)

rope cloud

Figure 13.20 (a) Manually analyzed surface map from 1800 UTC 13 March 1993 during a gap flow event through the
Chivela Pass of Mexico. Magenta contours are isobars (mb; the leading ‘10’ is dropped). (b) GOES-7 visible satellite imagery
at 1801 UTC 13 March showing a rope cloud at the leading edge of the polar air mass. (Adapted from Steenburgh et al.
[1998].)
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Figure 13.21 Idealized numerical simulation of westerly winds encountering a ridge with a gap when the Frm is equal
to (a) 4.0, (b) 0.7, (c) 0.4, and (d) 0.2. Horizontal streamlines and normalized perturbation velocity ((u − U)/U, where
u is the zonal wind speed and U is the zonal wind speed far upstream; shaded contours) at z = 300 m are shown. The
contour interval is 0.5; warm (cold) color shading corresponds to positive (negative) values. Terrain contours are every
300 m. Notice how (a) and (b)–(d) represent flow-over and flow-around regimes, respectively, as would be expected from
the differences in Frm. The simulation does not include the Coriolis force. (Adapted from Gaberšek and Durran [2004].)
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Figure 13.22 Close-up view of the simulated gap flows shown in Figure 13.21. Normalized pressure perturbation
(p′Frm/ρ0U2; solid black lines for positive, dashed black lines for negative values, thick solid line represents zero
perturbation) and normalized perturbation velocity ((u − U)/U; shaded contours) at z = 300 m are shown when Frm is
equal to (a) 4.0, (b) 0.7, (c) 0.4, and (d) 0.2. The contour interval for pressure perturbation (italics) is 0.25 in (a) and (b)
and 0.2 in (c) and (d). For the velocity perturbation, the contour interval is 0.4; warm (cold) color shading corresponds to
positive (negative) values; speeds in the interval [−0.2, 0.2] are unshaded. Terrain contours are every 300 m. (Adapted
from Gaberšek and Durran [2004].)

of mixing. In gap flows where both the wind speed and
temperature increase downstream, as is typically the case,
trajectories must be descending, provided the flow is steady
and dry adiabatic.

The width of the gap determines how rapidly the
flow transitions to the ambient conditions near the
gap exit region. For wide gaps having a width scale l

equal to or greater than the mountain Rossby radius,
LRm = Nhm/f , there is a gradual transition to the
ambient conditions in the gap exit region. Conversely, for
narrow gaps having l < LRm, such as the case simulated
in Figures 13.21–13.23, the transition to the ambient
conditions is more rapid and can involve hydraulic
jumps.
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Figure 13.23 Potential temperature and horizontal velocity in the y–z plane along the centerline of the gap for the
numerical simulation shown in Figures 13.21 and 13.22 for the case of Frm equal to (a) 4.0, (b) 0.7, (c) 0.4, and (d) 0.2.
The heavy lines are the 275, 280, and 285 K isentropes; the normalized perturbation velocity field is contoured every 0.5
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[2004].)
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