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7
Convection Initiation

7.1 Requisites for convection
initiation and the role of larger
scales

What we shall refer to as deep moist convection (DMC) arises
when air is lifted to saturation and subsequently achieves
positive buoyancy, such that it may rise to great heights. In
other words, the initiation of DMC, which we shall simply
refer to as convection initiation, requires that air parcels
reach their level of free convection (LFC) and subsequently
remain positively buoyant over a significant upward verti-
cal excursion. Thus, convective available potential energy
(CAPE) is a necessary, albeit insufficient, condition for
convection initiation.

The location and timing of convection initiation is
of acute interest to forecasters owing to the obvious
association between convective storms and severe weather,
in addition to less obvious impacts, such as the effects of
convection on energy demand, future numerical weather
predictions, and subsequent convective storm develop-
ment. Dramatic warm season weather forecast failures are
often the result of an inability to anticipate the initiation of
DMC, or forecasting DMC that fails to develop. Convection
initiation forecasting skill arguably has advanced at a slower
rate than our ability to anticipate convective storm type,
organization, and associated severe weather threats. As we
shall see, there is much more to the problem than assessing
parameters derived from thermodynamic diagrams. Pin-
pointing where and when convective storms are likely to be
initiated is a complex function of vertical motions ranging
from the scale of thermals to the synoptic scale, mesoscale
temperature and moisture inhomogeneities, and the
mean stratification that largely results from synoptic-scale
processes.

The presence of an LFC and CAPE requires a relatively
large lower to middle tropospheric lapse rate (larger than
the moist adiabatic lapse rate, on average) and lower tropo-
spheric moisture (Figure 7.1; see also Figure 2.9). The dif-
ficulty in accurately predicting convection initiation stems
from the fact that the presence of CAPE is not a sufficient
condition for convection initiation. Air typically requires
some forced ascent in order to reach the LFC, owing to the
presence of at least some convective inhibition (CIN) on
most environmental soundings. Deep moist convection is
commonly initiated along air mass boundaries such as syn-
optic fronts, drylines, outflow boundaries, and sea breezes
(Figure 7.2). Convective storms can also be initiated by
orographic circulations driven by the heating of elevated or
sloped terrain, and by forced lifting by ducted gravity waves.

Synoptic-scale dynamics often prime the mesoscale
environment for convection initiation by way of large-scale
mean ascent, which tends to reduce CIN and deepen the
low-level moist layer. On the other hand, synoptic-scale
dynamics also can discourage convection initiation by
way of mean subsidence, which has the opposite effects.
Large-scale vertical motions arguably can be anticipated
reasonably well from pattern recognition and application
of synoptic meteorology principles (e.g., quasigeostrophic
theory), in conjunction with numerical model guidance.
Synoptic-scale processes typically cannot be overlooked
in making forecasts of convection initiation (Figure 7.3),
despite the fact that convection initiation is a distinctly
mesoscale process.

7.1.1 Lapse rate tendency equation

Although the process of getting parcels to their LFC is an
intrinsically mesoscale process, the large scale sets the stage
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Figure 7.1 Annual cycles of midlevel (700–500 mb) lapse rates versus the mean water vapor mixing ratio in the lowest
100 mb, derived from North American reanalysis data, at five locations in a west-east line located at latitude 35◦N, running
from approximately northwestern New Mexico (108.8◦W) to south central Tennessee (86.2◦W). Filled circles along each
loop indicate the first day of the month (January, April, July, and October are labeled with the numbers 1, 4, 7, and
10, respectively). CAPE is maximized when rich low-level moisture is overrun by large midlevel lapse rates. This generally
occurs in the spring and summer months. Note the differences in the cycles from west to east. The cycles in the western
United States are dominated by lapse rate changes from winter to summer, whereas the eastern United States cycles are
dominated by moisture changes from winter to summer. Courtesy of Harold Brooks.

by modulating the CAPE and CIN, accomplished in part
by modifications of the lapse rate. Below we investigate the
processes by which the environmental lapse rate may be
altered.

We begin with the first law of thermodynamics written as

q = cp
dT

dt
− α

dp

dt
, (7.1)

where q is the heating rate per unit mass, p is pressure,
T is absolute temperature, α = ρ−1 is the specific volume,
and cp is the specific heat at constant pressure. All variables
are understood to represent the large-scale environment.
Assuming hydrostatic conditions, it follows that

q = cp

(
∂T

∂t
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∂T

∂z

)
+ gw, (7.2)

where vh is the horizontal wind velocity and w is the vertical
velocity component. Differentiating (7.2) with respect to z
and multiplying both sides by −1 gives
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, (7.3)

where we have neglected the effects of moisture on cp (i.e., cp

is treated as a constant). Making use of the definitions γ ≡
−∂T/∂z and �d ≡ g/cp, where γ and �d are the lapse rate
of environmental temperature and the dry adiabatic lapse
rate, respectively, and solving for ∂γ /∂t, gives the result
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1602 UTC 1945 UTC

cold front

2132 UTC 2232 UTC

Figure 7.2 In the absence of favored topographic features that act as elevated buoyancy sources, DMC tends to be
initiated along air mass boundaries, which are usually accompanied by a wind shift and convergence. This allows forecasters
to enjoy at least modest predictability with regard to anticipating the location of convection initiation, for such boundaries
are fairly easily observable in routinely available synoptic surface observations and radar and satellite data. The sequence
of visible satellite images shows the development of a line of severe thunderstorms along a cold front on 27 May 1997. The
town of Jarrell, TX, was devastated by a tornado during this event.
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Terms I and II are the horizontal and vertical lapse
rate advection (Figures 7.4 and 7.5), respectively. Term III,
when combined with the horizontal lapse rate advection
(term I), represents the effects of differential temperature
advection (Figure 7.6):

∂vh

∂z
· ∇hT − vh · ∇hγ = − ∂

∂z
(−vh · ∇hT). (7.5)

(Note that only the vertical shear of the ageostrophic
wind contributes to ∂vh

∂z · ∇hT because
∂vg

∂z · ∇hT = 0.)

Term IV is sometimes called the stretching term. When
∂w/∂z > 0 (as would be the case below the level of
nondivergence when rising motion is present) and γ < �d,
the term acts to increase the environmental lapse rate
(Figure 7.7). The term vanishes when γ = �d because the
vertical advection of temperature cancels the temperature
changes owing to adiabatic expansion/compression
both above and below the level of interest, allowing
the level to maintain a dry adiabatic lapse rate. Term
V represents differential diabatic heating. If diabatic
heating decreases (increases) with height, the lapse rate
is increased (decreased) (Figure 7.8), with the opposite
being true for diabatic cooling. On the synoptic scale,
terms I–V typically have magnitudes of 10−7 K m−1 s−1,
10−8 K m−1 s−1, 10−8 K m−1 s−1, 10−8 K m−1 s−1,
and 10−9 K m−1 s−1, respectively. Thus the largest
contribution tends to be from the horizontal advection
of lapse rate. On the mesoscale, terms II–V easily
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Figure 7.3 Soundings from Pittsburgh, PA, at 1200 UTC 31 May 1985 (blue) and 0000 UTC 1 June 1985 (black). Between
1200 and 0000 UTC, the mean tropospheric lapse rate has undergone significant changes, probably as the result of a
number of large-scale processes acting in unison (e.g., insolation, lapse rate advection/differential temperature advection,
stretching effect, etc.). The low-level moisture also increased by several g kg−1 during the same 12 h period, primarily
as a result of moisture advection. The increase in lapse rate and low-level moisture between 1200 and 0000 UTC led to
the development of large CAPE (the lifted index decreased from +3 to −7; the lifted index is the temperature difference
between the environmental 500 mb temperature and the temperature of an air parcel that has been lifted to 500 mb from
the surface, with negative indices indicating that the lifted parcel is warmer than the environment at 500 mb). (Large
vertical wind shear also accompanied the large instability; the worst tornado outbreak in the history of Pennsylvania was
in progress not far from Pittsburgh at 0000 UTC.)
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Figure 7.4 Analysis of the environmental temperature difference between 500 and 700 mb (K), which is a bulk measure
of the midlevel lapse rate (a temperature difference of 27 K between 500 and 700 mb corresponds to an approximately dry
adiabatic environmental temperature profile), revealing the presence of horizontal lapse rate advection. Wind barbs depict
the mean wind in the 500–700 mb layer. Large lapse rates from the high terrain of northern Mexico and eastern New
Mexico are being advected toward the southern Great Plains of the United States. This common warm season phenomenon
leads to the formation of the elevated mixed layer that caps soundings in the Great Plains region.
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Figure 7.5 Schematic thermodynamic diagram illustrat-
ing the effect of vertical lapse rate advection. The light
blue arrows indicate dry adiabatic parcel displacements.
At level z1, ∂γ /∂z < 0, so when upward motion is imposed
(w > 0 but ∂w/∂z = 0, so that all of the parcels are dis-
placed upward by the same distance) larger lapse rates are
advected from below z1 upward to z1, increasing the lapse
rate there. Note that this process occurs adiabatically, so
that cooling has occurred at z1 in addition to increasing
the lapse rate there. This cooling associated with upward
motion is typically more important for cap removal and
thunderstorm initiation than just the increasing lapse
rate. For example, dry adiabatic large-scale ascent always
leads to cooling (and cap weakening) when lapse rates are
less than dry adiabatic, but lapse rate changes resulting
from large-scale ascent may or may not be significant,
depending on the initial γ , ∂γ /∂z, and ∂w/∂z.

initial sounding

final sounding

z1

T

+T
ΔT

θ

θ+
θΔ

Figure 7.6 Schematic thermodynamic diagram illus-
trating the effect of differential horizontal temperature
advection (by the ageostrophic wind) on the lapse rate
(temperature changes are indicated by the light blue
arrows). Cold advection increases with height at level z1,
which leads to an increase in the lapse rate at that
level. This effect is really the same effect as illustrated in
Figure 7.4.
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Figure 7.7 Schematic thermodynamic diagram illustrat-
ing the stretching effect on lapse rate. In this example,
�d >γ and ∂w/∂z > 0, therefore the lapse rate at level z1

increases in time. The light blue arrows indicate dry adi-
abatic upward parcel displacements (because ∂w/∂z > 0,
the displacements increase with height).
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Figure 7.8 Schematic thermodynamic diagram illustrat-
ing the effects of differential diabatic heating on lapse
rate (temperature changes are indicated by the light blue
arrows). The maximum latent heating occurs at level z1,
where ∂q/∂z = 0 and the lapse rate is unchanged. The
lapse rate increases above the level of maximum heat-
ing (z > z1) and decreases below the level of maximum
heating (z < z1).

can be an order of magnitude larger than their synoptic-
scale magnitudes.

7.1.2 Large-scale modifications of CAPE
and CIN that are independent
of lapse rate tendency

Although changes in the tropospheric lapse rate can have
an important effect on the CAPE and CIN, it is worth
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noting that important modifications to the CAPE and CIN
can result even if the lapse rate changes are only modest or
absent. There is some danger that the above analysis of the
lapse rate tendency might overemphasize the importance
of lapse rate changes, especially when they are confined to
the middle troposphere. For example, the most spectacular
changes in CIN and CAPE often result from dramatic
increases in low-level moisture, independent of lapse rate
changes. The significant destabilization of the sounding
shown in Figure 7.3 (from an available energy standpoint),
for example, was as much a result of low-level moistening
as it was a result of middle tropospheric lapse rate changes.
Furthermore, whether or not mean ascent increases with
height (such that ∂w/∂z > 0), mean ascent is associated
with adiabatic cooling; thus, mean large-scale ascent always
reduces CIN. Although synoptic-scale vertical motions are
negligible in magnitude compared with the vertical motions
associated with boundary layer thermals, if they persist for
hours even vertical velocities of just a few cm s−1 can have
a significant impact on the environmental sounding. CIN
also typically decreases from morning to afternoon owing
to the warming of the boundary layer, yet the boundary
layer lapse rate tends to remain fairly constant (neutral)

as the boundary layer deepens. Strictly speaking, lapse rate
changes are occurring in this case, but the lapse rate changes
are confined to the very top of the boundary layer; the more
important factor in the diurnal reduction of CIN is the fact
that parcels lifted from the surface are warmer later in the
day. Figure 7.9 illustrates these effects, all of which can be
occurring simultaneously on a given day, in addition to
the processes described in Section 7.1.1 that can alter lapse
rates more generally.

The presence of potential instability (a layer in which
∂θe/∂z < 0, or alternatively, ∂θw/∂z < 0) is frequently
cited as being important in the initiation of DMC. In terms
of (7.4), the potential instability mechanism would increase
lapse rates via the differential diabatic heating term. As dis-
cussed in Section 3.1.3, although θe (and θw) commonly
decrease with height in the environments that support
DMC, the removal of CIN by the potential instability mech-
anism does not appear to operate in most cases involving
convection initiation along an air mass boundary. DMC
that develops along air mass boundaries such as cold fronts
and drylines is not usually preceded by the widespread for-
mation of stratiform clouds that might suggest large-scale
layer-lifting to saturation. Potential instability need not be

(a) (b) (c)

Figure 7.9 CIN can be reduced by (a) large-scale rising motion, (b) low-level moistening (e.g., moisture advection), and
(c) low-level warming (e.g., insolation), despite the fact that the CIN modifications may not be accompanied by lapse rate
changes, at least not over a significant depth. In (a)–(c), the isotherms and isentropes are solid gray lines, the constant
mixing ratio lines are gray dashed lines, the sounding and trajectory taken by an air parcel lifted from the surface are solid
and dashed black curves, respectively, and the modified sounding and parcel trajectory are blue solid and dashed curves,
respectively. In (a), for clarity, only the temperature profile has been modified (the moisture profile has not been modified
in accordance with the vertical motion that has been imposed in the layer of the capping inversion). Note that (b) and (c)
are also accompanied by increases in CAPE. Conversely, CIN is augmented by large-scale descent, boundary layer cooling
(although this would typically not occur without a concurrent stabilization of the lapse rate), and boundary layer drying
(not shown).
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2325 UTC 12 May 2004

convection initiated on 
relatively high terrain

thunderstorms initiated
along a cold front

thunderstorms initiated
along a dryline

Figure 7.10 Example of convection initiation along only short segments of air mass boundaries. The visible satellite
image is from 2325 UTC 12 May 2004 and shows the initiation of scattered thunderstorms along a dryline (line with open
scallops) and cold front (line with filled barbs) in the southern Great Plains region. What conditions or processes have
enabled air parcels to reach their LFC at these favored locations, though not elsewhere along the air mass boundaries?
Additional thunderstorms developed over the higher terrain of southeastern Colorado, in the absence of any obvious
boundaries. Could their initiation have been anticipated skillfully?

present in order for lifting to lead to cap removal. Lifting of
a cap (i.e., a relatively warm layer) leads to cooling and cap
weakening, no matter what the θe profile and regardless of
whether or not saturation is achieved in part of the layer as
it is lifted (Figure 7.9a). Stated another way, CIN reduction
does not require lapse rate increases within the layer that is
lifted.

7.2 Mesoscale complexities of
convection initiation

Although convection often is initiated along relatively eas-
ily identifiable air mass boundaries in the presence of
CAPE and relatively small CIN, particularly when large-
scale ascent is also present (the large-scale ascent reduces
CIN as discussed above), convection initiation forecast-
ing is complicated by a number of mesoscale processes.
For example, although air mass boundaries are rela-
tively easy to identify using operational observing systems,
rarely does convection develop along the entire length
of such boundaries. Instead, convective storms typically
are initiated along only limited segments of boundaries
(Figure 7.10).

At least in some cases, it seems likely that kinematic
inhomogeneities along air mass boundaries play a role in

favoring some segments of a boundary over other seg-
ments. For example, convective storms have been observed
to develop where horizontal convective rolls intersect air
mass boundaries (e.g., Figure 7.11). Small-scale (<4 km
diameter) vertical vortices, sometimes called misocyclones,
have also been identified in close proximity to many
growing cumulonimbi (Figure 7.12). Such vortices, which
are naturally favored along wind shift lines owing to the
dynamical instability associated with the horizontal shear
of the wind (Section 3.5), enhance convergence along some
segments of an air mass boundary, usually between vortices,
while weakening convergence along other segments, usually
within the cores of the vortices (Figure 7.13). The structure
of the convergence field often resembles the core-and-gap
structure of narrow cold-frontal rainbands (Section 5.1),
probably for identical dynamical reasons. In other cases,
it seems plausible that thermodynamic inhomogeneities
encountered by an air mass boundary may favor or pre-
clude convection initiation along select segments of the
boundary. The episodes of convection initiation ‘failure’
that are probably least understood are when parcels surpass
their LFC yet still fail to develop into sustained, precipi-
tating DMC (Figure 7.14). It is difficult to know to what
extent processes within the boundary layer versus above
the boundary layer contribute to this failure mode.
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Figure 7.11 Schematic diagram showing the interaction between the sea-breeze front and horizontal convective rolls and
how it related to cloud development on 12 August 1991 during the Convection and Precipitation/Electrification Experiment
(CaPE). The sea-breeze front is delineated by the heavy blue barbed line. The circulation along the leading portion of the
sea-breeze front is shaded purple. The horizontal vorticity vectors associated with the counter-rotating roll circulations are
also shown, as are clouds along the horizontal convective rolls and at the intersection points along the front. The shear
vector and low-level winds are indicated with black and green arrows, respectively. This is the same case as shown in Figure
5.33. (Adapted from Atkins and Wakimoto [1995].)

2046 UTC 10 June 2002

(a) reflectivity radial velocity

10 km

–3 0–12–15 –9 –6 3    m s–111     dBZ4 8–8–11 –4 0

(b)

Figure 7.12 Misocyclones (circled) along a non-precipitating cold front evident in (a) reflectivity (dBZ; reflectivity values
are uncalibrated) and (b) radial velocity (m s−1) data obtained by the Doppler On Wheels (DOW) radar in western Kansas
on 10 June 2002 (0.5◦ elevation angle). The reflectivity is mainly attributable to insects. Horizontal shear instability likely
played a role in the formation of the vortices.
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Figure 7.13 Conceptual model of misocyclones (vertical vorticity, ζ , greater than the ambient value is contoured),
horizontal convergence (shaded), and streamlines based on a sample of air mass boundaries observed during the
International H2O Project (IHOP), one of which was the case shown in Figure 7.12. The misocyclones at both A positions
are small relative to the average width of the mesoscale convergence zone. The misocyclones at both B positions are large
compared with the width of mesoscale convergence zone. The misocyclone at position C has a width similar to that of
the convergence zone. Merging misocyclones aligned with the boundary and oriented perpendicular to the boundary are
located at positions D and E, respectively. (From Marquis et al. [2007].)

Figure 7.14 A photograph of turkey towers, which develop when air parcels surpass their LFC, rise to high altitudes,
and produce anvils, yet the DMC fails to sustain itself and reach maturity (i.e., develop precipitation-induced cold pools).
Photograph courtesy of Roger Edwards/Insojourn.
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Figure 7.15 Example of convection initiation ‘failure’ in the absence of CIN on 21 April 2004. The Fort Worth, TX,
sounding (left) has no CIN and appreciable CAPE, yet the only thunderstorms that developed were over 150 km north of
the 0000 UTC sounding location, indicated by the star in the 2332 UTC visible satellite image (right). The CIN is zero, even
neglecting virtual temperature effects.

7.2.1 The insufficiency of CIN removal
for convection initiation

One might reasonably expect that DMC would commence
when the convective temperature1 is reached, or when the
CIN is eliminated. (The effects of water vapor should really
be included in the CIN calculation; as shown in Section
2.6, water vapor can have a significant influence on CIN
calculations. Neglecting moisture can also limit the utility
of the convective temperature as an indicator that the CIN
has been eliminated.) In some cases, CIN is observed to be
entirely absent, yet DMC still fails to develop (Figure 7.15).
In other cases, DMC is initiated despite nearby soundings
indicating that significant CIN remains. On some occasions
there are almost certainly issues pertaining to sounding

1 The convective temperature, Tc, is the surface temperature that must
be reached so that an air parcel can rise from the surface dry-adiabatically
to its lifting condensation level (LCL) without ever being colder than
the environment. The convective temperature can be determined from
a sounding by following a line upward from the surface dewpoint,
parallel to a constant water vapor mixing ratio line, until it intersects
the temperature profile of the sounding (this height is known as the
convective condensation level, or CCL), and then proceeding downward
along a dry adiabat to the surface pressure. For soundings having only
one LFC for a parcel lifted from the surface, surface-based CIN is
removed when the convective temperature is reached.

representativeness—the inhomogeneities in the tempera-
ture and moisture fields mentioned above are not generally
observed in real time and often cannot even be resolved in
ex post facto studies (Figures 7.16 and 7.17). Or perhaps it
is the assumptions made in using soundings to assess the
likelihood of convection that are problematic. Thus, con-
vection initiation is not as simple as reaching the convective
temperature or eliminating CIN, although reducing CIN is
certainly one aspect of creating an environment favorable
for convection initiation.

One common method of computing CIN is to lift a par-
cel from the surface (often the parcel possessing the largest
CAPE and smallest CIN) to its LCL and LFC. Water vapor
mixing ratio (rv) and potential temperature (θ) are assumed
to be conserved for the dry adiabatic part of the ascent from
the surface to the LCL, and equivalent potential temperature
(θe) (or, alternatively, wet-bulb potential temperature [θw])
is assumed to be conserved for the moist adiabatic part of
the ascent from the LCL to the LFC. As previously stated,
soundings sometimes have zero CIN in environments with-
out DMC (e.g., Figure 7.15). What has gone wrong?

One possibility is that the assumption of conserving
water vapor mixing ratio and potential temperature for the
ascent of the parcel from the surface to the LCL and LFC was
inappropriate. Mixing (entrainment) of dry environmental
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Figure 7.16 Schematic showing the effect of boundary
layer roll circulations on the moisture profiles measured by
soundings. A sounding that ascends through the updraft
of a roll samples larger water vapor concentrations than
a sounding that ascends through the downdraft of a
roll. Thus, the LCL height based on a sounding that has
ascended through a downdraft might be overestimated
compared with the bases of the observed clouds, which
generally reside within boundary layer updrafts. CAPE
and CIN values computed from a sounding would also be
sensitive to whether the sounding ascended through an
updraft or a downdraft. (Adapted from Weckwerth et al.
[1996].)

air into an ascending parcel dilutes the buoyancy and θe of
the ascending parcel, usually raising the LCL and LFC of
that parcel. Another way to compute CIN is to lift a parcel
having the mean water vapor mixing ratio and potential
temperature of the lowest 50–100 mb, or sometimes the
entire depth of the boundary layer. This usually is done
to account for the mixing that was neglected in the first
CIN calculation (Figures 7.18 and 7.19). Still again, there
are sometimes soundings lacking both CIN and DMC,
despite the fact that CIN was computed by lifting a parcel
having the mean boundary layer water vapor mixing ratio
and potential temperature. What has gone wrong in those
cases?

By approximating the amount of ‘thermodynamic dilu-
tion’ within the lifted surface parcel using the mean
potential temperature and water vapor mixing ratio over
the lowest, say, 50–100 mb, we have assumed implicitly
that the entrainment rate is a constant between the surface
and a level 50–100 mb above the surface. Although this

0–1 km mean shear

x10–3 s–1

1945 UTC 12 June 2002 

5 km

543210

Figure 7.17 Horizontal cross-section of the mean ver-
tical wind shear in the 0–1 km AGL layer at 1945 UTC 12
June 2002, obtained from a dual-Doppler wind synthe-
sis. The dashed lines are gravity wave phase fronts, the
dash–dot line is an outflow boundary, and the line with
open scallops is a dryline. Note the remarkable variability
of the vertical wind shear field, partly due to thermals
and partly as a result of the mesoscale boundaries (e.g.,
the mean shear is larger on the north side of the outflow
boundary). It is tempting to wonder whether the spatial
distribution of CIN, if it could ever be observed with the
same level of detail, might have similar complexity. If so,
it would be very difficult to anticipate convection initi-
ation based on the characteristics of a single sounding
alone. (Adapted from Markowski and Richardson [2007].)

assumption sometimes works well (perhaps best when
wind shear is weak), it certainly does not work well all
of the time. In general, the degree to which the temper-
ature and moisture perturbations of a lifted parcel are
reduced by mixing increases with the ambient vertical wind
shear and the tilt of the updraft (either above or below
the LCL) (Figures 7.20 and 7.21); that is, strong environ-
mental wind shear has an inhibiting effect on convection
initiation, unless the environmental shear can somehow
be offset by the wind field locally induced by an air mass
boundary. (This balance between the environmental shear
and the shear induced locally by an outflow boundary, for
example, will be shown in Chapter 9 to be important in the
maintenance of mature convective systems.)

The degree to which the temperature and moisture of a
lifted parcel are reduced by mixing is also a function of the
characteristics of the environmental air entrained into the
lifted parcel. For example, the drier the environmental air
that is entrained by the lifted parcel, the greater the loss of
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(b)(a)

Figure 7.18 Comparison of CAPE (red contours; J kg−1) and CIN values (blue shading; J kg−1) computed by lifting (a) a
parcel from the surface, assuming no mixing, and (b) a parcel having the mean potential temperature and water vapor
mixing ratio of the lowest 100 mb, which crudely attempts to account for mixing that occurs en route to the LFC. CAPE
(CIN) values are typically smaller (larger) when a parcel is lifted having the mean properties of the lowest 100 mb (or some
layer of roughly similar depth), as is the case above, except perhaps at night or on the cold side of a front, where a shallow
layer of relatively cool air might be found near the surface. (Courtesy of the Storm Prediction Center.)

potential buoyancy2 that may be realized by the parcel—in
fact, the lifted parcel may not even reach its LCL or LFC at
all. One reason why air mass boundaries are favored cor-
ridors for the initiation of DMC is probably the persistent
convergence and vertical motion along air mass boundaries,
which can locally deepen the moist layer, thereby reducing
the hostility of the environment to parcels that subsequently
might rise from the surface to their LCL and LFC. However,
even if parcels do reach their LFC, they still must survive the
effects of entrainment in a potentially hostile environment
above the LFC in order to develop DMC (Figure 7.14).

Another common assumption is that convection will be
initiated if the CIN becomes smaller than the kinetic energy
of the boundary layer updraft that provides the forcing.
Using parcel theory (Section 3.1), one can show that the
minimum vertical velocity needed by a parcel, such that
the parcel will have sufficient momentum to pass through
a layer of CIN en route to its LFC, is

wmin =
√

2 CIN, (7.6)

2 By potential buoyancy, we are referring to the buoyancy that may be
realized above the LFC, if the LFC can be reached. This buoyancy can
be reduced by the entrainment of dry air into rising parcels that occurs
well below the LFC (and LCL); the drying can reduce θe significantly,
and thus the buoyancy that eventually might be realized above the LFC,
which is strongly dependent on the latent heat release (θe is a measure
of the potential warming from latent heat release).

which is very similar to the form of (3.17). From the
forecasting perspective, it is problematic that the proximity
soundings used to assess the CIN are typically no closer
than a few tens to a few hundreds of kilometers from
the area of boundary layer convergence, thus far enough
removed from the area of highest convective potential to
be unrepresentative. Moreover, boundary layer updrafts
that initiate DMC are often associated with mesoscale
convergence zones, rather than bubbles of high initial
vertical momentum that may be invoked to locally break
through the capping inversion or exceed the residual CIN.
In other words, the effects of the pressure field are often
important and can limit the usefulness of (7.6).

In summary, convection initiation is much more
complex than simply reaching the convective temperature.
It involves all sorts of mesoscale and cloud-scale
circulations that we generally are unable to resolve, mixing
rates and humidity along ascending plumes, and the
three-dimensional structure of these plumes. For example,
parcel residence time within a mesoscale updraft also is
important, with DMC possible only if the time required
to cross the updraft in the horizontal exceeds the time
necessary to reach the LFC. Although CIN and its removal
is related to the probability of convection initiation,
it is only part of the story. Perhaps the most practical
forecasting strategy for predicting convection initiation,
assuming CAPE is present, is to be vigilant for regions
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Figure 7.19 In this sounding, convective temperature
has been reached and no CIN is present, either for
an undiluted surface parcel (light blue dashed path),
or for a parcel having the mean potential temperature
(θ) and water vapor mixing ratio (rv) of the lowest
100 mb (orange dashed path). Convection initiation is
still not guaranteed, however. For example, the actual
path a parcel follows on a thermodynamic diagram can
deviate significantly from the paths associated with the
undiluted parcel and the parcel assumed to be lifted with
the mean thermodynamic characteristics of the lowest
100 mb, depending on the trajectory that the parcel takes
as it rises through the boundary layer. The trajectory that
a parcel takes—and the mixing that occurs along this
route—is sensitive to the ambient vertical wind profile
and the depth of the convergence along an air mass
boundary, if one exists. For example, a parcel following
the magenta path represented on the skew T –log p
diagram may or may not reach its LCL, and it would
have to overcome significant negative area in order to
attain its LFC. Though the above example highlights
the adverse effects of entrainment below the LCL, as
mentioned elsewhere, entrainment above the LCL (and
LFC) also is important, especially for the sounding above,
which contains a very dry layer of air above the LCL.

of persistent low-level convergence where CIN values are
small (or inferred to be small, based on comparisons of
observed surface conditions with whatever sounding data
might be available). Visible satellite imagery, particularly
imagery having a high temporal resolution (<15 min), is
also valuable for nowcasting convection initiation.

7.3 Moisture convergence
A quantity known as the moisture convergence, −∇ · (rvvh),
often is used as a forecasting tool for convection initiation.
It also is occasionally invoked as an explanation for the
generation of local maxima in water vapor mixing ratios
(a phenomenon sometimes referred to as moisture pooling).
However, moisture convergence alone cannot produce a

relative maximum in water vapor concentration. Local
water vapor mixing ratio changes are governed by

∂rv

∂t
= −v · ∇rv − C + E, (7.7)

where −v · ∇rv is the moisture advection, C is a water vapor
sink due to condensation, and E is a water vapor source
due to evaporation (either from falling precipitation or via
a surface moisture flux). In the absence of evaporation,
water vapor mixing ratios can only increase locally owing
to advection, but advection cannot generate local extrema.

So where does moisture convergence come in? If
we combine (7.7) with the Boussinesq mass continuity
equation multiplied by rv,

rv∇ · vh + rv
∂w

∂z
= 0, (7.8)

we obtain

∂rv

∂t
= −∇ · (rvvh) − ∂(rvw)

∂z
− C + E, (7.9)

where moisture convergence appears on the rhs of (7.9). For
−∇ · (rvvh) > 0, ∂rv/∂t > 0—but when −∇ · (rvvh) > 0,
−∂(rvw)/∂z < 0, which contributes to ∂rv/∂t < 0; that
is, −∂(rvw)/∂z and −∇ · (rvvh) always oppose each other.
A part of −∇ · (rvvh) exactly cancels −∂(rvw)/∂z, and the
part of −∇ · (rvvh) that remains is just moisture advection,
which cannot generate extrema, only translate preexisting
extrema.

So if moisture convergence or moisture pooling cannot
produce local moisture maxima, then what does? After
all, we frequently observe locally large water vapor mixing
ratios within persistent convergence zones along air mass
boundaries. Moisture convergence is well correlated with
horizontal velocity convergence (−∇ · vh), which is associ-
ated with upward motion. Thus, moisture convergence is
associated with a deepening of boundary layer moisture. The
deepening of boundary layer moisture reduces the dilution
of rising parcels as they ascend from near the surface to
the LCL and LFC. Thus, regions of locally deeper moisture
may be more favorable for convection initiation than sur-
rounding areas. Updrafts in such regions also realize larger
CAPE owing to less θe reduction as surface parcels rise to
the LFC.

Returning to our original question at the start of the
previous paragraph, increased moisture depth means that
vertical mixing results in a smaller drop (or no drop) in
the moisture concentration at the surface compared with
surrounding shallow-moisture areas, where vertical mixing
can lead to significant decreases in the moisture concen-
tration at the surface; thus, local maxima in water vapor
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Figure 7.20 Output from a pair of simulations of a thermal rising through a neutrally stratified boundary layer, with
and without vertical wind shear. The top two rows show cross-sections in the x–z plane of the potential temperature
perturbation, θ ′ (red shades), and the vertical velocity, w (contoured at 1 m s−1 intervals starting at 1 m s−1), for the
simulation without vertical wind shear (top row) and the simulation with constant westerly wind shear in the lowest 2 km
(second row from top). Tick marks are drawn on the axes every 2 km. The vertical profiles of the westerly wind component
are shown to the left of the panels displaying the model output. The bottom two rows show cross sections of θ ′ (red
shades) and eddy viscosity, Km (contoured at 2 m2 s−1 intervals starting at 2 m2 s−1), for the simulation without vertical
wind shear (third row from top) and the simulation with constant westerly wind shear in the lowest 2 km (bottom row).
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Figure 7.21 In general, the detrimental effects of
entrainment increase as the tilt of the updraft increases.
In the above sequence, an updraft is tilted away from
the vertical by strong wind shear and eventually dissi-
pates (a small funnel is visible in the bottom image as
the cloud dissipates). Paradoxically (to be discussed in
Chapter 8), vertical wind shear can have an enhancing
effect on mature convection if the convection can survive
the generally detrimental effects of wind shear during the
early stages of development. Photographs by Eric Nguyen.

concentration can occur at the surface in regions where
boundary layer moisture is deeper than adjacent regions. In
mathematical terms, such local moisture maxima are pro-
duced by horizontal differences in the vertical advection of
water vapor. The maxima created by this process, however,
do not exceed the largest values of rv originally present in
the water vapor field.

7.4 Elevated convection
Although it has not been stated explicitly, the focus up to
this point has been on the initiation of surface-based DMC,
that is, DMC that draws its inflow from air that is in contact
with the surface in close proximity to the updraft (though
not necessarily directly beneath the updraft because gust
fronts commonly lead the updraft by a short distance, say
a few kilometers, even in cases of severe, long-lived DMC).
Surface-based convection requires that air in contact with
the surface can be lifted to the LFC. In boundary layers
characterized by large CIN, it might not be possible for air
parcels to be lifted to their LFC from the surface, if they
even have an LFC. On the other hand, air parcels lifted
from above a low-level stable layer might possess relatively
little CIN and significant CAPE. Such parcels can support
what is known as elevated DMC.

In contrast to surface-based DMC, elevated DMC is
situated atop stable boundary layers and draws its inflow
from a layer not in contact with the surface in close
proximity to the storm. Elevated DMC most often occurs
at night above nocturnal boundary layers and poleward
of warm fronts, especially when a low-level jet rides up
and over a warm front. In the latter example, air parcels
ride up the frontal surface until they reach their LFC,
sometimes more than 100 km from the source region of
the potentially buoyant air. Figure 7.22 shows a typical
sounding obtained within an environment associated with
elevated DMC poleward of a warm front. Notice that a
parcel lifted from the surface has no CAPE at all; however,
a parcel lifted from the top of the stable boundary layer
has little CIN and CAPE on the order of 1000 J kg−1.
DMC is occasionally initiated by a cold front aloft (CFA;
Section 5.1), sometimes as far as a few hundred kilometers
ahead of a surface front or dryline. In these situations, the
DMC is initially elevated but can become surface-based
once low-level outflow is produced if the outflow can force
surface air parcels to their LFC.

Perhaps a better term for elevated DMC would be
non-surface-based DMC, because the cloud base of elevated
DMC need not be high, as the term ‘elevated’ implies. In
contrast, surface-based convection can be high based (but
not ‘elevated’) in relatively dry environments, as it often is
in the southwestern United States, where LCLs associated
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Figure 7.22 Example of a sounding containing elevated CAPE but no surface-based CAPE. A parcel of air lifted from the
surface follows the dashed blue trajectory, whereas an air parcel lifted from the top of the stable boundary layer follows
the solid blue trajectory.

with surface-based convection in the warm season are rou-
tinely above 3 km. Elevated DMC is widely assumed to
pose a lesser high wind threat (e.g., tornadoes, damaging
straight-line winds) compared with surface-based DMC.
The primary threats from elevated DMC tend to be large
hail and flooding. Damaging surface winds are less likely in
elevated DMC because downdrafts are less able to penetrate
a stable low-level air mass (the negative buoyancy of a down-
draft is reduced when stable low levels are encountered;
damaging straight-line winds are discussed in more detail

in Chapter 10). Tornadoes also are rarely associated with
elevated convection, for perhaps related reasons (as also
discussed in Chapter 10, downdrafts are well known to
be associated with tornadoes, and if these downdrafts are
inhibited then tornadogenesis may be less likely). In gen-
eral, the most intense convection is surface-based, because
usually the highest possible parcel temperature excesses
over the environment (i.e., buoyancy) may be realized
when near-surface air is lifted, for this air tends to have the
largest θe. Furthermore, the boundary layer tends to be the
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layer in which wind shear is largest, owing to the influence of
surface drag on the low-level wind—convective storms that
do not process inflow from the boundary layer cannot take
advantage of the large wind shear that is often present there.
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